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ABSTRACT: Ice-core records spanning the last 25 000 yr from the tropical Andes of South
America are reviewed. These records from Quelccaya, Huascarán and Sajama present a high
temporal resolution picture of both the Late Glacial Stage (LGS) and the Holocene climatic and
environmental conditions in the South American Andes. Late Glacial Stage conditions at high
elevations appear to have been cooler than today, although the magnitude of the inferred
cooling differs with the particular proxy used (e.g. snowline depression, pollen, ice cores).
Insoluble dust and anion concentrations in the ice cores reveal that LGS hydrological conditions
in the tropics (9°S) were much drier than today, whereas in the subtropics (18°S) LGS conditions
were much wetter. This probably reflects the migration of the tropical Hadley Cell in response
to a different meridional temperature gradient. Low nitrate concentrations in the LGS ice from
both Huascarán and Sajama suggest that the Amazon Basin forest cover may have been much
less extensive. Discussed is the conundrum surrounding the use of d18O as a palaeothermometer
in the tropics, where temperatures exhibit little seasonal variation yet the ice-core records suggest
that d18O records temperature variations on decadal to millennial time-scales. Finally evidence
is presented for a strong twentieth century warming. Copyright  2000 John Wiley & Sons, Ltd.
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Introduction

The development of a programme to retrieve ice-core
palaeoclimatic histories in the South American Andes was
a natural extension of the successful ice-coring projects in
Greenland and Antarctica. Polar ice-cores have contributed
to Late Quaternary climate histories with much higher resol-
ution than were previously available from existing sedimen-
tary sequences. In the last 15 yr tropical and subtropical
ice-cores have begun to contribute significantly to our under-
standing of global-scale climate variability by providing
multifaceted, high temporal resolution, and in some cases
lengthy palaeohistories. In addition, tropical and subtropical
ice-fields exist closer to the centres of action for several
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major components of the climate system, such as the El
Niño-Southern Oscillation (ENSO) and the Asian monsoonal
regime. The ENSO and monsoons are highly variable compo-
nents of the climate system, with the potential to affect the
lives of most of the Earth’s inhabitants, either directly or
indirectly. Therefore, knowledge of the history of their varia-
bility, including the range of potential impact, is important
for ongoing modelling efforts attempting to predict how these
systems may change under the anticipated anthropogenic
warming in the twenty-first century.

The first long tropical ice-core was recovered in 1983
from the Quelccaya ice-cap (Fig. 1) in the southern Andes
of Peru (13.93°S; 70.83°W). Interestingly, the idea of drilling
these tropical cores was born nearly a decade earlier in
1974 when Lonnie Thompson accompanied John Mercer
and John Ricker to Quelccaya to collect basic, preliminary
glaciological information about the site. The excellent preser-
vation of annual layers visible along the vertical margins of
Quelccaya (see cover of Science 203, 1979) promised an
annually resolved ice-core record. The successful recovery
of the Quelccaya cores required the development of a light-
weight, portable solar powered drilling system. Although this
new drilling system was conceived in 1979, it was not until
1983 that it was used to recover two cores (158.4 m and
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Figure 1 Shown are the locations of completed and planned ice coring sites along the North and South American Cordillera along with
current snow lines. This figure was modified from Broecker and Denton (1990) and provided originally to them by Dr Steven Porter.

163.3 m long) to bedrock from the Quelccaya summit.
Although the Quelccaya records extend back only 1.5 mil-
lennia, they have provided a plethora of information about
the climate history of that region (Thompson et al., 1984a,
1984b, 1985, 1986, 1988). The annual data from the
Quelccaya ice-cores are available electronically at the
National Geophysical Data Center (ftp://ftp.ngdc.noaa.gov/
paleo/icecore/trop/quelccaya/).

The successful Quelccaya drilling demonstrated the feasi-
bility of recovering ice-core histories from high elevation,
low-latitude ice fields. In subsequent years palaeoclimate
histories have been attained from the Dunde (Thompson
et al., 1989) and Guliya (Thompson et al., 1997) ice-caps in
China as well from two additional sites in the tropical South
American Andes, Huascarán (Peru) and Sajama (Bolivia).
The latter two records extending back into the Late Glacial
Stage (LGS) and the shorter record from the Quelccaya ice-
cap are highlighted in this paper.

Late Glacial Stage climate as revealed by
ice cores

Glacial geological evidence throughout the Andes attests to
the expansion of mountain glaciers during the LGS for which
Clapperton (1993a) provides an excellent synthesis. The
pioneering work of the late John H. Mercer, Steve Porter
and Herbert Wright, among others, suggested that glaciers
in the South American Andes expanded and contracted in
virtual synchroneity with the Northern Hemisphere ice
sheets. Another key observation of LGS conditions is a
consistent snowline depression of 900 to 1000 m throughout
the Andes (Herd and Naeser, 1974; Porter, 1979; Broecker
and Denton, 1990; Rodbell, 1992; Klein et al., 1995). It has
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been suggested that this snowline lowering may have been
globally consistent (Rind and Peteet, 1985), dropping nearly
the same elevation in the tropics as in mid-latitudes of
both hemispheres. However, the dating of glacial deposits
is imprecise and synchroneity remains speculative. Seltzer
(1990) points out that phases of glaciation must be correlated
not only to colder conditions but to a substantial increase
in precipitation. Movement of the Intertropical Convergence
Zone (ITCZ) in response to a large-scale temperature forcing
(e.g. cooling) would result in the migration of centres of wet
and dry conditions so that glaciers in one region might
expand and whereas those in another might contract.

In the last decade, diverse proxy indicators have provided
a more comprehensive view of LGS cooling in the tropics
and subtropics. The location of these archives has ranged
in altitude from the ocean surface (e.g. coral records) to the
mountain peaks (e.g. ice-core records). Recent alkenone data
(Bard et al., 1997; Wolff et al., 1998) suggest temperatures
at sea-level that are more consistent with the CLIMAP (1976,
1981) reconstructions. Other evidence, such as the coral
records of Guilderson et al., (1994) and Beck et al., (1997),
along with noble gases from groundwater (Stute et al., 1995),
marine sediment pore-fluids (Schrag et al., 1996), and pollen
(Colinvaux et al., 1996), all suggest climatic conditions
cooler than the 1° to 2°C drop in tropical sea-surface tem-
peratures established by CLIMAP. Recent ice-cores from
Huascarán (Peru) and Sajama (Bolivia) present a high tem-
poral resolution picture of both LGS and Holocene climatic
and environmental conditions at high elevation in the South
American Andes, and suggest that LGS conditions there were
cooler by more than 1 or 2°C.

The Huascarán (Peru) ice-core record

In 1993 two ice cores were drilled to bedrock on the col
(6048 m a.s.l.) of Huascarán, Peru (9.11°S; 77.61°W). These



379ICE-CORE HISTORIES FROM TROPICAL SOUTH AMERICA

cores have provided the first high temporal resolution ice-
core record of the climatic and environmental conditions in
the Andes extending back into the LGS approximately
20 000 yr BP (Thompson et al., 1995). Since that publication,
the dating of the Huascarán cores has been revised using a
combination of methods. These include: layer counting over
the most recent 270 yr, measurements of the d18Oair in Core
2 bubbles (Sowers, unpublished data), and the use of a two-
parameter thinning model (Thompson et al., 1990) for Core
1. Similar Holocene histories were produced for the two
cores by these various methods despite differences in the
thinning behaviour in the deepest ice between the two sites.
Further, both Huascarán core records include the entire
deglaciation sequence and confirm a distinct climatic rever-
sal similar to the Younger Dryas cool phase so prominent
in the North Atlantic region. As demonstrated in Thompson
et al. (1995), the fluctuations in Huascarán d18O correspond
well with variations in the planktonic foraminifer d18O from
the marine core SU81–18 (near Portugal; Bard et al., 1987),
and thus the corrected radiocarbon ages from that work
were used to calibrate the Huascarán age scale from ca. 12
to 19 kyr ago. The d18O record from Huascarán contributes
to a growing body of evidence that LGS conditions in the
Andes were much cooler (perhaps as much as 8°C) than
during the Holocene. In contrast, the magnitude of LGS
cooling at lower elevations, near sea-level, is still unresolved.
The Barbados corals (Guilderson et al., 1994) and noble
gases in groundwater (Stute et al., 1995) suggest greater
cooling than foraminiferal (Wolff et al., 1998) and alkenone
records (Bard et al., 1997), which are more consistent with
CLIMAP (1981).

Figure 2 illustrates 100-yr averages of d18O along with
concentrations of nitrate and insoluble dust for the last
20 000 yr. The most notable features are the 6.3‰ depletion
of d18O, a 200-fold increase in insoluble dust, and the two-
to three-fold decrease in NO−

3 in the ice inferred to be of

Figure 2 Shown are the 100-yr averages of d18O and concentrations of nitrate (NO−
3) and insoluble particles (dust with diameters

$0.63 mm ml−1) from the last 20 000 yr of the Huascarán (Peru) ice-core. This figure was modified from Thompson et al. (1995).
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LGS age. The 6.3‰ depletion of d18O in Huascarán LGS ice,
relative to the overlying Holocene ice, is very comparable to
the correlative 6‰ depletion in LGS ice from Dome C,
Antarctica (Thompson and Mosley-Thompson, 1981; Petit
et al., 1981) and exceeds the 5.1‰ depletion in the GISP2
core (Grootes et al., 1993). Here we refrain from applying
a simple d18O–temperature relationship, such as is used in
the polar regions (Dansgaard and Oeschger, 1989), to the
6.3‰ depletion in Huascarán as such a relationship has not
been quantified in this region. However, we do interpret
this isotopic depletion as a reflection of significant cooling
and we defend this interpretation later in this paper. The
Huascarán results support the emerging view of much colder
LGS conditions in the tropics, particularly over land and at
higher elevations, than originally inferred from reconstruc-
tions of sea-surface temperatures (CLIMAP, 1976, 1981).

Additional palaeoenvironmental information about LGS
conditions is preserved in the Huascarán cores. The insoluble
dust concentrations (Fig. 2) in LGS ice are very high, nearly
200 times those in Holocene ice. This increase in atmos-
pheric turbidity during the glacial stage was first documented
in polar ice-cores (see review by Mosley-Thompson and
Thompson, 1994) as well as in the LGS ice from the Dunde
Ice Cap, China (Thompson et al., 1989). The extreme dusti-
ness in Huascarán LGS ice is consistent with climate recon-
structions for tropical South America and suggests lower
atmospheric humidity and precipitation, as well as a possible
reduction of forest and grass cover (Clapperton, 1993b).
Clapperton estimated that up to 25% of South America
was covered by aeolian deposits such as sand dunes and
loess (Fig. 3).

Figure 2 also illustrates that the concentration of nitrate
(NO−

3) is reduced by three- to four-fold in the glacial stage
ice. Although the sources of atmospheric NO−

3 are not well
defined, recent evidence indicates that tropical rain forests
and forest soils may be a major source of active atmospheric
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Figure 3 This sketch illustrates Clapperton’s inferred changes in major vegetation types from the Last Glacial Maximum to the present.
Also shown are selected geomorphological features along with the locations of the Quelccaya, Huascarán, and Sajama ice-core drilling
sites. This figure is adapted from Clapperton (1993b).

nitrogen species such as NO and NH3, which serve as
precursors for NO−

3 and NH+
4 that occur as aerosols

(Robertson and Tiedje, 1988; Talbot et al., 1988). Pollen
concentrations in five selected core sections (two late Holo-
cene, two early Holocene and one LGS) reveal abundant
pollen in late Holocene ice, less pollen in the early Holo-
cene samples and virtually no pollen in the LGS sample.
Thus, the pollen record from Huascarán supports the other
ice-core data indicating a cold, sparsely vegetated LGS
environment where pollen productivity was low and mon-
tane vegetation was displaced downward (Thompson et al.,
1995; Bush et al., 1990). Figure 3 illustrates the vegetation
and surface cover inferred for both modern and glacial stage
conditions (Clapperton, 1993b). The nature of the vegetation
response in the Amazon is not clear-cut, and probably not
simple to ascertain. Recent pollen studies from the Amazon
Fan suggest little glacial–interglacial change in vegetation
along the riparian zone and only modest expansion of the
savanna at the expense of the rain forest (Haberle and
Maslin, 1999). Conversely, unweathered plagioclase in gla-
cial stage sediments of the Amazon Fan are interpreted as
indicative of a drier climate with a reduced forest cover in
the Amazon (Damuth and Fairbridge, 1970). The reduction
of forest cover and expansion of savannas, coupled with the
increased abundance of aeolian deposits during the LGS,
are consistent with the Huascarán d18O, dust, nitrate and
pollen histories. The Huascarán record reveals a prominent
climate reversal just before the final warming to early Holo-
cene conditions (Fig. 2). Thompson et al. (1995) suggest that
this cool phase may be correlative with the Younger Dryas
cooling prominent around the North Atlantic (Peteet, 1995).
At the time of their publication, this reversal to cooler
conditions was unconfirmed in the South American Andes.
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The original time-scale for Huascarán was not derived inde-
pendently, but was tied to an AMS 14C dated d18O
(Globigerina bulloides) record from a marine core off the
coast of Portugal (Bard et al., 1987). However, the well-
dated Sajama core discussed in the next section confirms
that this deglaciation climate reversal was indeed prominent
in the Andes. This climate event is now emerging as a
consistent feature of the global deglaciation sequence,
although the timing, and hence its interhemispheric synch-
roneity, remains under discussion (Bard et al., 1997; Steig
et al., 1998; White and Steig, 1998).

Holocene climatic and environmental conditions in the
tropical Andes are preserved in the Huascarán ice-cores,
presented on the revised time-scale in Fig. 2. The new chron-
ology indicates that the isotopically warmest ice was
deposited in the early Holocene and since then conditions
in the Andes have steadily cooled. Superimposed upon this
steady temperature decline are minor centennial-scale d18O
oscillations. As conditions warmed during the transition from
LGS to Holocene conditions the increase in atmospheric
nitrate lagged the atmospheric warming by several millennia.
The early Holocene lag in the increasing NO−

3 concentrations
may reflect successional vegetation changes, possibly requir-
ing up to 2000 yr for maximum regrowth of the tropical rain
forests of Amazonia after their marked reduction (Fig. 3)
during the LGS. In the last half of the Holocene d18O and
NO−

3 have varied more synchronously, reaching their coolest
and lowest (respectively) values during the most recent Neo-
glacial (the Little Ice Age). In the last 200 yr both NO−

3 and
d18O have increased markedly and twentieth century d18O
values are the most enriched (warmest) of the last 6000 yr.
Additional evidence for and implications of this recent warm-
ing will be addressed in the last section of this paper.
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The Sajama (Bolivia) ice-core history

Four cores, two to bedrock, were retrieved in 1997
(Thompson et al., 1998) from the summit (6542 m a.s.l.) of
the Sajama ice-cap (18°06′S; 68°58′W). The ice cap com-
pletely covers the top of the extinct Sajama Volcano located
on the northern boundary of a large desert on the Altiplano.
The Altiplano, the world’s second largest plateau
(Clapperton, 1993a), has a mean elevation of 3700 m and
contains a northern and southern basin. The northern basin
is occupied by Lake Titicaca whereas the southern basin
contains shallow saline lakes and salt flats such as the
Salar de Uyuni, the world’s largest salt flat (ca. 12 500 km2).
Precipitation is low and quickly evaporates leaving salt crusts
in much of the Poopó Basin, which also contains hypersaline
Lake Poopó. Like Huascarán and Quelccaya, the dominant
moisture source for Sajama is the Atlantic, as water vapour is
advected from the east and northeast over the Amazon Basin.

Figure 4 presents the Sajama d18O, NO−
3 and dust histories

for the last 20 000 yr shown in similar fashion as for Huasca-
rán (Fig. 2). The Sajama cores are unique as they contain
intact insects, insect fragments and polylepis bark fragments
that allowed AMS 14C dating to constrain the time-scale. At
a depth in the core 1.5 m above the bedrock, sufficient
plant material for AMS radiocarbon dating was found. The
sample was divided into two portions that gave dates of
24 950 ± 430 14Ccal yr (Lawrence Livermore National
Laboratory) and of 24 020 ± 140 14Ccal yr (Woods Hole
Oceanographic Institution) ago. The calibration method of
Stuiver and Reimer (1993) and Bard (1998) was used to
convert 14C yr to 14Ccal (calendar) yr. These dates confirm
that the near-basal ice on Sajama is of LGS age. No other
datable material was found in the Late Glacial or early
Holocene ice, but additional datable material was obtained
in ice ranging in age from ca. 150 to 5610 14Ccal yr ago.

Figure 4 Shown are the 100-yr averages of d18O and concentrations of nitrate (NO−
3) and insoluble particles (dust with diameters

$0.63 mm ml−1) from the last 20 000 yr of the Sajama (Bolivia) ice-core. This figure was modified from Thompson et al. (1998).
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Other dating tools used on the Sajama cores include layer
counting in the upper sections, identification of the Huayna-
putina volcanic ash (ad 1600), and correlating the d18Oatm

data from Sajama with an analogous record from the GISP2
core that was dated by layer counting (Alley et al., 1997).
The d18Oice records from Sajama and GISP2 contain similar
sequences of major and minor events (Fig. 5). Assuming
that these d18Oice features are temporally synchronous, 14
matching points with the GISP2 core were identified between
104 and 123 m in Sajama, thus further constraining the
time-scale between 11 and 19 kyr (Fig. 5). Details of the
Sajama time-scale development are presented by Thompson
et al., (1998) and the 14Ccal dates and d18Oatm match points
are shown in Fig. 5 (top profile). Because the time interval
subject to GISP2 cross-dating is bounded by well-determined
ages, the matching itself is not crucial to the millennial-
scale age dating of the core. Further, the final age scale
dictates that a sharp decrease in accumulation occurred
precisely at the beginning of the Holocene (ca. 10 kyr ago),
which produces a coherent picture with the palaeolake
chronologies presented below.

The Sajama d18O record (Fig. 4), coupled with that from
Huascarán, suggests very cool LGS conditions throughout
the tropical and subtropical Andes. Table 1 illustrates that
the LGS isotopic depletion of 5.4‰ on Sajama is comparable
to that found in contemporaneous ice-cores from Greenland,
Antarctica, China and Peru. All the ice cores in Table 1
have similar isotopic depletions between both the LGM and
modern (last 1000 yr) ice and LGM and Early Holocene
ice. Coupled with records from other previously mentioned
archives (e.g. snow-line depression, noble gases from
groundwater in the Amazon Basin, and corals) the Sajama
and Huascarán ice-core records suggest an even greater LGS
tropical cooling than the 2–3°C cooling inferred from recent
foraminiferal (Wolff et al., 1998) and alkenone reconstruc-
tions (Bard et al., 1997).
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Figure 5 These d18O and dD histories illustrate the global extent of the LGS and the deglaciation climate reversal (cooling) for the last
25 000 yr as preserved in Sajama and Huascarán, GISP2 in Greenland (Grootes et al., 1993), Guliya in western China (Thompson et al.,
1997), and Byrd Station (Johnsen et al., 1972) and Vostok (Jouzel et al., 1987) in Antarctica. All records are 100-yr averages except Vostok
(200-yr averages) and Guliya (400-yr averages). Shown along the top are the 14Ccal dates, the d18Oatm match points and the time interval
over which d18Oice was matched to that in the GISP2 core. This figure was modified from Thompson et al. (1998).

Table 1 The average d18O values for various time intervals and for different ice-cores are compared. dD was measured for Vostok and the
comparable d18O values (dD = 8d18O + 10) are shown in parentheses. These records are shown in Fig. 5 and the pertinent references are
cited in the text

Modern (0–1 ka) Early Holocene Last Glacial MODERN − LGM EH − LGM
(EH) Maximum (LGM) (‰) (‰)
(6.8–10.0 ka) (18.0–21.2 ka)

Sajama (Bolivia) −16.8 −16.7 −22.1 5.4 5.4
Huascarán (Peru) −18.5 −16.6 −22.9 4.4 6.3
GISP 2 (Greenland) −35.0 −34.6 −39.7 4.7 5.1
Guliya (W. China) −14.4 −13.1 −18.5 4.1 5.4
Byrd (Antarctica) −32.8 −33.9 −40.5 7.6 6.6
Vostok (Antarctica) −441 (−56.4) −436 (−55.7) −472 (−60.2) 3.9 4.5
Vostok (21-24.2 ka) −479 (−61.1) 4.8 5.4

The Sajama and Huascarán records contain some
important differences, particularly in their dust and nitrate
concentrations, that reflect their dissimilar environmental
settings. Unlike Huascarán and the polar ice-cores, Sajama
does not contain elevated concentrations of dust at the
height of the LGS cooling. This lack of LGS dustiness reflects
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Sajama’s location in the subtropics, where large regional
palaeolakes existed (Minchin, 1882; Clapperton et al., 1997).
At the same time, nitrate concentrations were low and d18O
was depleted, suggesting that conditions from 20 ka to
15.5 ka were cold and moist in this region. At 15.5 ka the
climate warmed abruptly and became drier as reflected in
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the increasing deposition of soluble aerosols (factor of three
to five for NO−

3, five to seven for Cl− and SO4
2−) and insoluble

dust. This progressive and oscillating warming culminated
at ca. 14.3 ka with the isotopically warmest period in the
last 20 ka. The aridity at this time is evident in the high
concentrations of insoluble dust and all three major anions
(Cl−, SO4

2−, and NO−
3; see fig. 6 in Thompson et al., 1998)

that characterise soluble aerosol species.
This interstadial (warming) event terminated abruptly at

ca. 14 ka, when climate quickly reversed to much cooler
conditions similar to those attributed to the North Atlantic
Younger Dryas (YD) stadial (Peteet, 1995). Thompson et al.,
(1998) refer to this event as the DCR (deglaciation climate
reversal) to distinguish it from the YD. On Sajama, d18O
decreases from the enriched values of the previous inter-
stadial (14 to 14.3 ka) by an amount comparable to that in
Greenland (Grootes et al., 1993) ice-cores (5.2‰ versus
5.3‰). During the DCR, environmental conditions in this
region of the Altiplano appear similar to those prevailing
there at the LGM. The colder temperatures were ac-
companied by higher net precipitation and high lake stands,
as inferred from decreases in aerosol concentrations. Palynol-
ogical and glacial geological studies elsewhere in the Andes
(Seltzer, 1992, 1994), along with earlier water budget studies
(Hastenrath and Kutzbach, 1985; Kessler, 1985) confirm that
the initial rise of Tauca Lake did not result from melting
glaciers, but from a precipitation increase over the Altiplano.
During the DCR the dust concentrations at both Sajama
and Huascarán show a slight decrease, consistent with dust
concentrations in Antarctic cores (Thompson and Mosley-
Thompson, 1981), but in contrast to the significant increase
of dust in the YD ice of the Greenland ice-cores (Taylor
et al., 1993; Hammer et al., 1985). These differences suggest
that atmospheric dust loading during the YD was restricted
to the Northern Hemisphere, probably the product of the
glacial flour generated along the fluctuating margins of the
large Northern Hemisphere ice sheets. In the Andes the
colder conditions of the DCR persisted until 11.5 ka, when

Figure 6 This schematic traces the d18O composition of the water vapor and precipitation along a transect from the Atlantic Ocean to the
top of the Andes (Quelccaya ice cap). Each of the four steps shown is discussed in the text. This figure was modified from Grootes et al.
(1989).
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warming occurred in just a few centuries and marked the
onset of the Holocene (Fig. 4).

Clapperton (1993a, p. 454) suggested that the limited sedi-
mentary, palynological and glacial geomorphological data
were suggestive of, but not yet persuasive for, a distinct
climate reversal in the Andes from 12 500 to 10 000 14C yr
BP (14 700–11 440 cal. yr BP). The Sajama and Huascarán
d18O histories confirm this climate reversal (14 to 11.5 ka)
in the Peruvian and Bolivian Andes. In addition, confirmation
of the 2500-yr-long DCR also solves the ‘Mercer Problem’,
as Clapperton (1993a) referred to John Mercer’s view that
the Younger Dryas cooling was restricted to northwestern
Europe. Mercer (1969) concluded that Patagonian glaciers
attained their Holocene minima by 11 000 14C yr BP
(13 000 cal. yr BP). However, he later found evidence
(Mercer, 1984) for a distinct readvance of Peruvian glaciers
at ca. 11 460 14C yr BP (13 400 cal. yr BP) and concluded
that the readvance had pre-dated the onset of the YD
(13 000 cal. yr BP) by ca. 500 yr. In fact, this late glacial
readvance of Peruvian and Ecuadorian glaciers (Clapperton,
1993c) is entirely consistent with, and undoubtedly in direct
response to, the climate reversal beginning at 14 000 cal.
yr BP over much of the tropical and subtropical South
American Andes.

At the termination of the DCR, lakes gradually became
desiccated and this drying continued well into the Holocene.
This is supported by the soluble and insoluble aerosol con-
centrations that remained low until ca. 9 ka, when abrupt
increases in aerosol deposition signalled the final drying of
the extensive flat-bottomed lakes. The insoluble dust concen-
trations in the Holocene ice on Sajama are eight times that
in the LGM ice and results from a combination of increased
local volcanic activity, an increase in the surface area of dust
exposed by elevated Holocene snow lines, and decreased
accumulation from early Holocene to ca. 3.4 ka. The high
concentrations of soluble species (fig. 6 in Thompson et al.,
1998) and insoluble dust indicate that the lake levels on the
Altiplano were low from 9 ka (lagging the accumulation
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decrease by ca. 2.5 kyr) to 3 ka. Water levels in Lake Titicaca
in the northern basin were also low from ca. 7.7 ka to 3.5 ka
(Wirrman and Mouguiart, 1995). The decrease of aerosols
from ca. 3 ka to the present reflects increasing accumulation
in the region (Thompson et al., 1998, fig. 6), consistent with
slightly higher levels in Lake Titicaca (Abbott et al., 1997).

The palaeoclimate record preserved in the Sajama ice-
cores strongly reflects the waxing and waning of the palaeo-
lakes, a dominant feature of the Altiplano (Minchin, 1882).
The presence or absence of these lakes reflect regional
changes in the climate system. On the Altiplano, cold per-
iods were generally wet and so glaciers in the cordilleras
of southern Peru and Bolivia appear to have expanded before
the last global glacial maximum (Clapperton, 1993b). More
frequent incursions of polar air masses from the southeast
would bring cooler and cloudier conditions to the subtropi-
cal Andes throughout much of the year (Seltzer, 1990).
Today more than 80% of the annual precipitation at the
base of Sajama falls in the summer months (November–
March). At this time solar radiation heats the Altiplano,
facilitating the development of a low pressure centre in
which the deep convection (over the warm Altiplano) facili-
tates the advection of moist air from the east (Vuille et al.,
1998).

The similarity of the d18O values from Huascarán (Peru)
and Sajama (Table 1) in both the Holocene and LGS suggests
that the tropical Atlantic Ocean has remained the dominant
moisture source for the tropical Andes. The drier conditions
on Huascarán (9°S) and wetter conditions on Sajama (18°S)
are consistent with LGS lake-level reconstructions (Street-
Perrott and Harrison, 1984), when only 25% of the tropical
lakes that have been studied were as high as today. In the
Northern Hemisphere between 25° and 35°N, most of the
lakes were higher than today (Benson, 1981, 1991; Broecker
et al., 1998; Street and Grove, 1976, 1979). Model experi-
ments (Rind, 1998) suggest that this difference in lake levels
is consistent with a reduction in the tropical latitudinal
temperature gradient and in Hadley Cell intensity. The latter
requires that the tropical Atlantic was cooler by ca. 5°C at
the LGM (Webb et al., 1997), a greater cooling than in the
CLIMAP (1976, 1981) simulation. A reduced temperature
gradient at low to subtropical latitudes weakens the Hadley
circulation regardless of the mean temperature, which plays
a secondary role (D. Rind, personal communication). The
enhanced moisture content of LGM and DCR air masses and
prolonged cloud cover in the subtropics would contribute to
significant increases in accumulation, reduced evaporation
and hence glacier expansion.

Nature of the seasonal d18O–temperature
relationship in the tropics

The ice-core d18O records shown in Fig. 5 confirm that, like
polar ice-cores, Andean ice-cores also record century-to-
millennial scale temperature fluctuations. Table 1 illustrates
that the cooler conditions of the LGS and the warmer Holo-
cene are evident in ice-core records from pole to pole. In
addition, the d18O histories from the two Northern Hemi-
sphere and two Andean ice-cores reveal the rapid warming
at the end of the LGS and the return to cooler conditions
(e.g. the YD or DCR) before the final warming to full
Holocene conditions.

Recent, well-documented climate fluctuations of shorter
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temporal duration are also preserved, particularly in the two
Peruvian ice-cores. Quelccaya and Huascarán both record
the most recent neoglacial cooling (e.g., Little Ice Age) more
prominently than the polar cores (Figure 5). Quelccaya’s
annually dated 1500-yr d18O record confirmed the Little Ice
Age cooling in the tropics (Thompson et al., 1986) as well
as the twentieth century warming (Thompson et al., 1993).
Thus, on time-scales of decades to millennia, the d18O
histories preserved in tropical ice-cores appear to record
large-scale atmospheric temperature changes.

The conundrum is that the seasonal relationship between
temperature and d18O in the tropics is opposite that found
in the polar regions, where the most negative d18O values
characterise winter snowfall. Further, the seasonal tempera-
ture range in the tropics is only a few degrees, whereas the
seasonal differences in the d18O of Andean snowfall are
much larger, often up to 20‰. These observations raise the
question: If the most isotopically depleted (negative) d18O
values characterise summer precipitation in the tropics, how
does d18O in tropical precipitation record temperature over
longer time scales?

Dansgaard (1964) and Dansgaard et al., (1973) used a
Rayleigh fractionation model to satisfactorily explain the
primary features of the global distribution of stable isotopes
in precipitation and its relationship to both local tempera-
tures and precipitation amount. The Rayleigh model assumes
that the condensate forms in equilibrium with the surround-
ing vapour and is immediately removed from the air parcel.
Obviously this is a simplification of the real atmospheric
processes. Subsequently, Merlivat and Jouzel (1979) and
Jouzel and Merlivat (1984) used a Rayleigh-based model to
explore the relationship between the initial isotopic concen-
trations of the vapour as a function of sea-surface tempera-
ture (SST) and to account for kinetic fractionation associated
with snow formation and evaporation. Use of d18O and/or
dD as palaeothermometers requires knowledge of the spatial
isotope relationship and surface temperatures (Ts) ex-
pressed as

d = aTs + b (1)

which is defined over a certain region and assumed to
remain constant over time. (We have chosen to designate
the coefficients as a and b rather than the usual a and b
to avoid confusion with the isotope fractionation factor.)
Year-round observations at the South Pole by Aldaz and
Deutsch (1967) confirmed the strong relationship between
d18O and atmospheric temperature above the surface inver-
sion. Such early studies relating surface temperatures to the
isotopic ratio in snowfall over the polar regions lead
Dansgaard (1964) and Johnsen et al. (1989) to suggest a
slope (a) of 0.67‰ per °C for the spatial isotope relationship.
More recently, the nature of the d-Ts transfer function has
come under some scrutiny (Cuffey et al., 1995), particularly
under different climatic regimes of the past. For example,
recent calibrations using borehole temperatures demonstrate
that isotopic ratios are a very good palaeothermometer over
various time intervals but that the calibration (slope of the
d-Ts relationship) is different for the last few millennia. They
demonstrated that the GISP2 and GRIP cores give values for
a of 0.5‰°C−1 to 0.6‰°C−1, respectively for the last few
centuries, but values for a of ca. 0.33‰°C−1 and 0.23‰°C−1

for older ice (Cuffey et al., 1995; Johnsen et al., 1995; Jouzel
et al., 1997). Thus, even in the polar regions, application of
the d-Ts relationship remains under investigation. Likewise,
application of isotopic thermometry in the tropics is ripe for
further study.
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Tropical South America is one of the warmest and wettest
regions of the Earth, capable of supporting both the largest
rain forest and greatest river discharge in the world.
Positioned between 5°N and 15°S, the Amazonia region of
Brazil (and parts of neighbouring countries) experiences a
distinct wet–dry seasonal cycle that exceeds any minor sea-
sonality in air temperature. The meridional migration of the
Intertropical Convergence Zone (ITCZ) controls this seasonal-
ity and is amplified in the Amazonia region by the deep
low pressure centre that develops owing to intense surface
heating over the Bolivian Altiplano in the austral summer
and autumn (January–May) (Virji, 1981).

For the Quelccaya ice-cap Grootes et al., (1989) attempted
to reconcile the large seasonal differences in d18O and small
seasonal temperature range by calculating a balance for
water vapour mass and d18O. As with previous studies, to
make the problem tractable they treated the change of the
d18O of atmospheric water vapour as a Rayleigh process.
The ratio of the current (R) and original (Ro) isotopic abun-
dance (d18O) is given by the Rayleigh equation

R/Ro = f (a−1) (2)

where f is the fraction of the original amount of water vapour
remaining in the air and a is the isotopic fractionation factor
at equilibrium (for liquid–vapour or ice-vapour). Thus the
isotopic ratio of the precipitation (Rp) is calculated from that
of the vapour using the fractionation factor so that Rp = aRv.
They converted these formulae to their relative deviation d
from the V-SMOW standard as

dv = f (a−1) (1000 + dvo) − 1000 and dp = a(1000 + dv) − 1000
(3)

where subscripts v and p indicate vapour and precipitation
and vo refers to the original vapour. Furthermore, dvo can
be determined from the conditions at the moisture source
(i.e. sea surface) by the following expression

dvo = (1000 + dsw)/a − 1000 + KE (4)

where KE is the kinetic effect (usually estimated at −3‰)
and dsw is the isotopic composition of the source (seawater),
approximately +1‰ in the tropical ocean. The role of tem-
perature in Rayleigh fractionation is actually twofold: it
involves both the molecular physics of the phase changes
of water (the temperature dependence of a, ln a = 1137 T−2

− 0.4156 T−1 − 0.0020667 as determined by Majoube (1971))
as well as the larger indirect effects of the temperature
dependence on saturation humidity (the Clausius–Clapey-
ron Equation).

Field observations and airflow patterns over tropical South
America confirm that the tropical Atlantic Ocean to the east
is the primary moisture source throughout the year (Taljaard,
1972). Thus, the Grootes et al., (1989) model includes three
steps, each using the Rayleigh process, as the water vapour
moves from its source region over the tropical Atlantic to
the Quelccaya ice-cap in the southern Andes of Peru. These
stages are presented schematically in Fig. 6. The relationships
expressed by equation 3 require that the isotopic compo-
sition of precipitation at the collection/deposition site (dp)
will become more depleted as water vapour is removed (via
precipitation/runoff) from the air mass as it continues across
the land surface. Depletion occurs because the condensate
is always more enriched than the remaining vapour, and by
continuity, removal of this liquid from the isolated parcel
requires the surrounding vapour to be increasingly more
18O-depleted. This process essentially describes the control
of the water vapour budget (and hence, the hydrology of
the region in question) on the isotopic composition of the
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precipitation and, therefore, the effects of temperature on
Rayleigh fractionation in nature are not immediately obvious.

Moisture advected from the Atlantic must traverse the
Amazon Basin, where net water vapour removal varies from
0% in the dry season to 85% in the wet season. The result
is a seasonal d18O change of up to 18.4‰ in the precipi-
tation falling at the base of the Andes on the western margin
of the basin. Next, the air mass must ascend the eastern
slopes of the Andes, a 5.6 km increase in surface elevation
to reach Quelccaya. Adiabatic cooling and precipitation
were considered under maximum wet and dry season con-
ditions and the decrease in d18O of the resulting precipitation
was nearly identical for both scenarios (11.2 and 11‰,
respectively). The summer snowfall over Quelccaya results
from convective showers that can decrease the d18O value
by an additional 5‰, creating an expected seasonal range
of d18O in Quelccaya snowfall of −10.4 to −33.7‰. How-
ever, post-depositional modification may enrich dry season
snow that is subsequently retrieved from ice cores or pits.
An enrichment of 6.3‰ was observed during the 1983 field
season. The final result was a predicted d18O range of −4.1
to −33.7‰ that compared very favourably with the range of
ca. −8.0 to −30.8‰ from snow-pit samples (Fig. 6).

A different approach is now presented that further supports
the idea that the physics of Rayleigh processes should not
necessarily be abandoned in the pursuit of long-term stable
isotope–temperature relationships in the tropics. In high-
latitude regions, the consistent relationship between d18O
and Ts demands that condensation generally take place at a
fixed height throughout the year. For the tropics, a seasonally
changing mean condensation level (MCL) in the atmosphere
could mean that temperature and humidity conditions are
vastly different for dry season precipitation versus wet season
precipitation. Hence, this strategy points to the cycle in deep
convection over much of South America to explain the
unusual d18O–Ts slope, seen also in most other low-latitude
sites (Rozanski et al., 1993).

As mentioned above, the process of Rayleigh fractionation,
although limited, is a useful method for investigating the
relationship between atmospheric conditions and stable iso-
tope measurements. Using the formulae (equations 3 and 4)
in reverse, a single elevation may be determined at which
the atmospheric conditions (temperature, pressure and
humidity) would generate the required f value for any given
set of dvo and dp values. These seasonally varying conditions
represent a theoretical equilibrium state for condensate fall-
ing through the changing air column; however, they could
also represent a variable MCL in the mid-troposphere. As
both these phenomena are associated with the same seasonal
cycle in convective activity, it would be very difficult to
parameterise them individually and thus, no distinction
was attempted.

The data used in this analysis were available sea-surface
temperatures (SSTs) in the tropical Atlantic (the average
SSTs used were averaged from two grid points (1°N, 47°W
and 7°S, 33°W), which yielded values in the range of
ca. 27–28°C—these data were obtained from the ds277.0
‘recon’ data set available by ftp from NCAR at
http://www.scd.ucar.edu/dss/datasets/ds277.0.html) and the
observed set of monthly d18O values for inland sites such
as Manaus (Fig. 7a and c) in the interior of Amazonia (3°S,
60°W). Between 1965 and 1987, 183 monthly averaged
d18O values were reported at Manaus as part of the Inter-
national Atomic Energy Agency (IAEA) Global Network of
Isotopes in Precipitation (GNIP) (Rozanski et al., 1993). In
addition, monthly averaged surface and upper air data are
also available for Manaus from the journal Monthly Climatic
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Data for the World (MCDW), for a similar time interval.
These data include temperature, wind vectors, dew point
and geopotential height for each of the standard levels of
the lower and mid-troposphere (surface and 850, 700 and
500 hPa). Although discontinuous, the Manaus data are fairly
consistently reported from 1967 to 1987, the period of
concurrent isotope measurements. It is important to note that
traditional radiosonde measurements of middle tropospheric
humidity have been challenged by satellite observations (Sun
and Lindzen, 1993), indicating that relative humidity at
500 hPa may be overestimated by as much as 20%.
Additionally, the recent d18O record from the Huascarán
ice-core was used in this analysis, as the subannual vari-
ations are particularly well preserved at this site. In this case,
the raw data for the period 1961–1987 were composited into
12 monthly means (Fig. 7b) by a time-averaging procedure
discussed in more detail by Henderson et al., (1999). Tem-
poral uncertainty (on a month-to-month basis) and the dif-
fusion of 18O during the firnification process will combine
to make these estimates of the seasonal MCL migration
minimum values.

For each month, equations (3) and (4) were solved simul-
taneously to determine the necessary final f value for precipi-

Figure 7 (a) This map shows the location of Belém and Manaus in the Amazon Basin along with their mean summer (January through to
March) wind directions at three atmospheric levels (850, 700 ad 500 hPa). (b) Shown are the 12 monthly d18O averages composited
(Henderson et al., 1999) from the Huascarán ice-core record from 1961 to 1987. (c) The monthly d18O averages for Manaus are shown
along with the monthly precipitation totals from 1967 to 1987. The annual average d18O for Manaus is weighted to account for variations
in monthly precipitation totals.
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tation at the deposition site (either Manaus and Huascarán),
given initial mixing ratios based upon the corresponding
MCDW surface relative humidities (ca. 85–92%) for Belém
(location shown in Fig. 7a). The initial dvo over the Atlantic
was determined from the monthly averaged SSTs as
described at the start of the previous paragraph and the a
fractionation factors based on these temperatures. Values of
+1‰ and −3‰ were used for the dsw and the kinetic effect
during vaporisation, respectively. Figure 8 shows the water
vapour pressure (e) states of the lower to mid-troposphere
over Manaus for four of the 12 months, each representing
a different season. Polynomial expressions that provided a
best fit to the long-term data (as shown in Fig. 8 for e only)
were derived for all three parameters, including the vertical
profiles of temperature and pressure that are not shown, as
both were necessary for the determination of a (during
condensation) and the final saturation mixing ratio. Together,
these expressions allow identification of the specific elev-
ation where the hydrological budget requirements based on
the empirical isotope data were satisfied. Table 2 provides
the results of these calculations for both Manaus and Huasca-
rán.

Because the Huascarán drill-site is at an elevation of more
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Figure 8 Shown are four of the twelve monthly averages of water vapour pressure (mb) for Manaus, Brazil, calculated at the surface and
at three atmospheric levels (850, 700 and 500 hPa). Solid lines represent the best-fit second order polynomial expressions used to
determine the MCL consistent with monthly averaged d18O values for Manaus and Huascarán.

Table 2 Results from the simultaneous solution of equations (3) and (4) using monthly averaged d18O values (1967–1987) to provide
theoretical equilibrium atmospheric conditions for condensate formation at Huascarán and Manaus conditions. Range of elevations: 1933 m
for Huascarán; 1950 m for Manaus

Month Huascarán MCL (m) Temp. (°C) Rel. Hum. Manaus MCL (m) Temp. (°C) Rel.
d18O (%) d18O Hum.

(%)

January −18.04‰ 4585 1.8 57.9 −4.12‰ 460 23.5 85.6
February −18.84‰ 4615 1.2 57.5 −5.14‰ 805 21.7 83.5
March −19.13‰ 4745 0.8 57.0 −6.26‰ 1253 19.0 83.1
April −19.77‰ 4785 0.6 55.6 −7.10‰ 1531 17.8 80.9
May −19.69‰ 4648 1.3 52.8 −7.18‰ 1566 17.8 78.9
June −18.05‰ 4001 4.1 52.0 −3.70‰ 249 25.2 83.2
July −14.90‰ 3258 7.6 56.7 −2.96‰ −27a 27.1 80.7
August −13.30‰ 2852 10.1 57.3 −1.80‰ −384a 30.3 78.7
September −14.56‰ 3142 8.9 52.5 −1.85‰ −196a 29.2 80.7
October −15.81‰ 3581 6.8 50.1 −1.93‰ −65a 28.3 80.8
November −16.61‰ 3968 4.8 52.0 −3.54‰ 519 24.4 79.7
December −17.24‰ 4138 4.0 53.3 −3.30‰ 246 25.6 82.5

aSurface conditions yield a d18O value lower than observed (due to amount effect) and following extrapolation of the lapse
rates, the back-calculation gives a condition that would exist only below ground. These four values are not used in the slope
determination (Fig. 10).

than 6 km, the precipitation archived there actually lies at
or above the expected corresponding MCL. It is difficult to
estimate the effects of orographic uplift and local lapse
rate variability on condensate formation and subsequent
deposition on the ice cap, when compared with central
Amazonia. However, because the assumption has been made
previously that any further fractionation of condensate during
vertical transport would occur according to the Rayleigh
law, it does not matter whether the environment through
which the condensate travels is progressively warmer and
wetter, or colder and drier. For this reason, the vertical
structure of the atmosphere over Manaus was used as a
proxy for that in the region of the Andean front. Given the
widespread uniformity of the Amazon climate regime from
east-to-west, it is not likely the temperature or humidity
profiles vary greatly between Manaus and the Andean front.

The results in Table 2 suggest that the seasonal oscillations
in isotopic composition for tropical South America can be
explained by a fluctuation in the MCL of about 2 km. Note
that the variable MCLs suggested by the isotope data indicate
roughly constant relative humidities for formation of precipi-
tation at Huascarán and Manaus, ca. 55% and ca. 80%,
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respectively. A quantitative error analysis of these findings
seems unreasonable given the instrumental errors in the
measurements, the uncertainties in the subannual time-scale
of the ice core, and the indistinguishable nature of various
processes during condensation/precipitation. Despite these
simplifications, this result agrees well with our understanding
of Hadley Cell behaviour.

Newell et al., (1969) presented a diagram of the meridional
profile of latent heat release in the troposphere as a function
of height and latitude for the December–February season
(Fig. 9a). Horel et al., (1989) used outgoing longwave radi-
ation (OLR) measurements from polar-orbiting satellites to
track the N–S migration of the ITCZ and associated heating
lows. Their results for a 7-yr observational period indicated
that the centre of the OLR minimum migrated on average
from 10°S, 55°W (central Amazonia) to 10°N, 83°W (Central
America) each year (Fig. 9b). Using the latent heat release
maximum as a proxy for the MCL, an annual 20° latitude
shift of the Hadley cell over Central and South America
would result in a 1.7 km range in the mean elevation for
condensation (Fig. 9a). It is important to note that the 1.7 km
elevation change is likely to be a minimum value, as
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Figure 9 (a) The meridional profile of latent heat (LH) release in the troposphere is shown for December–February (modified from Newell
et al., 1969). (b) The seasonal migration of the ITCZ and associated low-pressure regions was inferred from 7 yr of OLR measurements by
Horel et al., (1989). Coupled with (a) and assuming that the atmospheric region of maximum LH release (dashed line) approximates the
MCL, a 20° latitude shift in the Hadley Cell would result in a seasonal change of 1.7 km in the height of the MCL.

Newell’s profile is a 3-month zonal average and the range
in convective heights between the wet and dry seasons
would be at a maximum over Brazil. Of course, this simple
graphical approach assumes that the shape of the latent heat
contours within the Hadley Cell remains roughly constant
from season to season, and that the .2.8° day−1 maximum
just reaches the latitude of Huascarán (9°S). This assumption
seems reasonable according to the Horel et al. (1989) analysis.

Because the latent heat argument and the isotopic results
are in good agreement, and provide an additional mech-
anism for Rayleigh fractionation, we can now compare this
scenario with the water budget explained in the Grootes
et al., (1989) model. As the initial and final mixing ratios
that define f for the back-calculations do not strictly relate
to the large-scale water budget (instead allowing f to be
controlled by the changing/evolving vertical structure), it
may appear that the two fractionation mechanisms might be
additive, i.e. that 18O would be depleted both by the surplus
of precipitation over evapotranspiration during the wet sea-
son, and also by the lifting of the wet season condensation
level. However, it is likely that these two mechanisms are
one and the same, such that the changes in the vertical
profile of humidity are a direct result of the changes in
the convergence-driven cumulative loss of moisture during
westward mass transport. Low-level directional convergence
of moisture over the Amazon lowlands drives vertical velo-
cities in mesoscale towers that not only lead to tremendous
rainout, but also are responsible for charging the middle
troposphere with its mean humidity state (Sun and Lindzen,
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1993), by evaporation of hydrometeors (lifted droplets and
ice crystals) into the air surrounding the towers.

For demonstration purposes only, the MCL calculations
have the advantage of providing estimates of air temperatures
that serve as tropical analogues to the surface temperatures
used to develop the high-latitude palaeothermometry equ-
ation, e.g. the values of a and b for equation (1). By plotting
monthly d18O against the variable height temperatures from
Table 2 (Fig. 10), a relationship similar to that for high lati-
tudes may be developed. Using Huascarán data alone, a
slope of +0.63‰°C−1 was produced from the variable height
temperatures (circles), compared with a steep ‘reverse’ slope
of −4.88‰°C−1 when using the monthly 500 hPa tempera-
tures over Manaus (squares) as a proxy for temperatures at
the Huascarán col. Similarly, the Manaus data provide
additional values (triangles and diamonds) that fall along a
similar line, although with a more gradual slope
(+0.49‰°C−1). When combined, the points from both low
elevation (triangles) and high elevation (circles) define a line
similar to that in polar regions, with a = 0.67‰°C−1 and
b = −20.0‰. Furthermore, the lower value for the d18O–T
intercept might be expected for a tropical site given the
warmer initial equilibrium temperature, as previously noted
by Boyle (1997).

The preceding results are not intended to be interpreted
as proof of a single global temperature–d18O relationship,
but to illustrate the internal consistency of the arguments
above. Even in high latitudes, the well-documented tempera-
ture dependence of d18O is principally an indirect effect of
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Figure 10 The tropical d18O – T relationships (derived from long-term monthly averages) based separately on surface air temperatures (Ts),
and variable height temperatures that relate to a seasonally evolving MCL, as described in text, are compared here. Shown for Huascarán
are the 12 individual monthly solutions (Table 2), and the eight above-ground results from the Manaus analysis. In each case, the thin
solid lines indicate a linear regression through the points shown (formulae given in the legends). Also shown (heavy extended line) is a
linear regression through all 20 points from Huascarán and Manaus combined. Two separate high-latitude d18O–Ts expressions are included
for comparison.

the control of temperature-dependent saturation humidity on
the f value. So, rather than saying that past temperature
relationships should be similar between low and high lati-
tudes, the attempt here was to illustrate the effects of the
different water budgets and to suggest that it is the dynamic
(vertical) nature of the tropical atmosphere that drives the
unusual d18O–Ts relationship for Amazon–Andean precipi-
tation. Therefore, the physics of Rayleigh processes may
still be applicable for understanding the long-term isotope–
temperature relationships in the tropics, although quantitative
methods are still uncertain at this stage. This deficiency is
compounded by the apparent dissociation between modern
and past d18O–Ts slopes (a values) for Greenland cores,
supported both by borehole temperatures (Cuffey et al.,
1995) and gas isotopic methods (Severinghaus and Brook,
1999). Suspected effects on isotopic values by changing the
seasonal distribution of snow accumulation may very well
be important also for tropical sites, but this phenomenon
remains undetectable at this time.

Twentieth century warming and the fate of
tropical ice-fields

The general warming of the twentieth century is now well
documented. Although not all regions of the Earth have
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warmed, the globally averaged temperature has increased
0.7°C since the end of the last century (Hansen et al., 1999).
Owing to the unpredictability of the natural climate system
it is impossible to know with assurance whether this warming
will continue unabated over the next few decades. The
overwhelming scientific consensus (IPCC, 1996) suggests that
without a natural forcing toward a cooler global climate
regime, the current warming trend would be expected to
continue in the coming decades. Warmer conditions are
expected to bring both positive and negative impacts and
these will be distributed unequally. One change that has
been observed already is the rise in global sea-level (IPCC,
1996). This rise is due in part to the thermal expansion of
the oceans and in part to the melting of smaller ice caps
and glaciers, such as those discussed in the previous sections
of this paper.

Evidence is accumulating for a strong warming in the
tropics with the potential to drive the retreat and, in some
cases, the disappearance of these smaller ice caps and
glaciers at high elevations in the tropics and subtropics.
Such ice masses are particularly sensitive to small changes
in ambient temperatures as they already exist very close to
the melting point. This warming and the concomitant retreat
of the Quelccaya ice-cap (Peru) is now well documented
(Brecher and Thompson, 1993; Thompson et al., 1993). The
d18O records confirm both the atmospheric warming and
physiological changes in the ice cap. Since 1976 Quelccaya
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has been visited repeatedly for extensive monitoring and
sampling. In addition to the deep drilling in 1983, shallow
cores were taken from the summit of the ice cap in 1976
and 1991. Figure 11 compares the 1979, 1991 and 1995
d18O records from the summit along with the d18O records
from three additional cores taken in 1979 at successively
lower elevations to the west. These records demonstrate that
the seasonally resolved palaeoclimatic record, preserved as
d18O variations in 1979 and 1983 (Thompson et al., 1986),
is no longer retained within the currently accumulating
snow. The percolation of meltwater throughout the accumu-
lating snow pack has homogenised the stratigraphic record
of d18O. Note that the d18O average for the 1991 summit
core is 2‰ more enriched than for ice within the comparable
depth interval in 1979. The d18O records from three
additional cores drilled in 1979 at successively lower elev-
ations show clearly the isotopic smoothing by percolation
of meltwater (Fig. 11). In 1979 Site 4 was clearly above the
0°C isotherm that is inferred to lie near Site 3 and well
above Site 2. By 1991 the 0°C isotherm was certainly near

Figure 11 The d18O measurements from shallow cores collected on Quelccaya in 1979, 1991 and 1995 illustrate the smoothing of the
d18O record by meltwater percolation. The annual signal preserved at the summit (Site 4) in 1979 is not well preserved in the 1991 and
1995 cores from the same site. The isotopic smoothing at the summit site is comparable to that observed in cores drilled at lower
elevation (Sites 1, 2 and 3). These observations indicate that the 0°C isotherm has risen roughly 100 m since 1979.
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the summit of Quelccaya (Site 4), which implies that it had
risen roughly 100 m in the intervening 12 yr. This increase
in the height of the 0°C isotherm is clearly a sign of
atmospheric warming in this region of the Andes.

The Quelccaya ice cap is also retreating (Brecher and
Thompson, 1993). The Qori Kalis Glacier, a valley glacier
on the western side of Quelccaya, has been monitored using
terrestrial photogrammetry since 1978. The retreat of the ice
front and the volume loss have been determined for six time
intervals. These observations document a drastic retreat of
the glacier that has accelerated with time. The latest photo-
graphic evidence from 1998 indicates that this retreat con-
tinues to accelerate. The retreat was twice as great in the
latest 3-yr period, between 1995 and 1998, as it was in the
previous 2-yr period, between 1993 and 1995 (48.7 versus
28.7 m yr−1). The rate of retreat is now an order of magnitude
greater than it was between 1963 and 1978, when compari-
son between the position from the first terrestrial photogra-
phy and the position from the aerial photographs gave a
retreat rate of 4.9 m yr−1. The volume loss has accelerated
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at an even greater rate. The graph in the lower right of
Fig. 12 illustrates the retreat of the terminus. The sketch map
shows the position of the glacier terminus for each of the
seven determinations since 1963. Note that the small progla-
cial lake that first appeared in the 1991 photograph has
continued to grow with the retreat of the ice front and in
1998 it was twice as large as in 1991 (Fig. 12).

Additional glaciological evidence for tropical warming
exists. Hastenrath and Kruss (1992) report that the total ice
cover on Mount Kenya had decreased by 40% between
1963 and 1987 and today it continues to diminish. The
Speke glacier in the Ruwenzori Range of Uganda has
retreated substantially since it was first observed in 1958
(Kaser and Noggler, 1991). Today the total ice mass on
Kilimanjaro is roughly 25% of that which existed in 1912
(Hastenrath and Greischar, 1997). The shrinking of these ice
masses in the high mountains of Africa and South America
is consistent with similar observations throughout most of
the world. It is important to note that this general retreat of
high elevation tropical glaciers is concurrent with an increase
in water-vapour content of the middle troposphere (Flohn
et al., 1990) in the tropics. Water vapour feedback effects
may be partially responsible for the enhancement of warming
at this level in the atmosphere of the tropics and subtropics
(Diaz and Graham, 1996).

Finally, the tropical and subtropical ice-core records have
the potential to provide annual to millennial-scale records
of El Niño–Southern Oscillation events and monsoon varia-
bility and will provide further insight to the magnitude and
frequency of these large-scale events. The earlier sections of
this paper demonstrated that these ice cores preserve
archives of decadal- to millennial-scale climatic and environ-
mental variability. Further, they provide unique insights to
both regional- and global-scale events ranging from the so-
called ‘Little Ice Age’, the Younger Dryas (or DCR) cold
phase, to the Late Glacial Stage. Despite their great palaeo-
climatic potential these high-elevation ice fields are also
quite vulnerable to increases in atmospheric temperature
(Kaser et al., 1996a). Recent glacier observations in tropical
South America (Thompson et al., 1993; Ames, 1996; Kaser
et al., 1996b) clearly demonstrate that many of these unique
archives are in imminent danger of being lost if the current
warming persists.
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