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Tropical mountain ice core δ18O: A Goldilocks indicator
for global temperature change
Zhengyu Liu1,2,3*†, Yuntao Bao1†, Lonnie G. Thompson3,4, Ellen Mosley-Thompson1,3, Clay Tabor5,
Guang J. Zhang6, Mi Yan2, Marcus Lofverstrom7, Isabel Montanez8, Jessica Oster9

Very high tropical alpine ice cores provide a distinct paleoclimate record for climate changes in the middle and
upper troposphere. However, the climatic interpretation of a key proxy, the stable water oxygen isotopic ratio in
ice cores (δ18Oice), remains an outstanding problem. Here, combining proxy records with climate models,
modern satellite measurements, and radiative-convective equilibrium theory, we show that the tropical
δ18Oice is an indicator of the temperature of the middle and upper troposphere, with a glacial cooling of
−7.35° ± 1.1°C (66% CI). Moreover, it severs as a “Goldilocks-type” indicator of global mean surface tempera-
ture change, providing the first estimate of glacial stage cooling that is independent of marine proxies as −5.9°
± 1.2°C. Combined with all estimations available gives the maximum likelihood estimate of glacial cooling as
−5.85° ± 0.51°C.
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INTRODUCTION
The tropical mountain ice core stable water isotope ratio (δ18Oice)
provides a distinct paleoclimate proxy in the mid- to upper tropo-
sphere, in contrast to lowlands δ18O records that reflect near sea
level climate changes. However, even after four decades of study
(1–8), the climatic interpretation of tropical δ18Oice has remained
highly controversial. At high latitudes, polar ice core δ18Oice has
been established as a proxy for temperature via the Rayleigh distil-
lation process in the so called “temperature effect” (9–12). In the
tropics, most studies have focused on cave speleothem δ18O in the
lowlands and suggest it as a proxy for precipitation via hydrological
processes (13–20) due to the “amount effect” (9, 21). However,
neither interpretation above appears to apply directly to tropical
δ18Oice. In previous studies, tropical δ18Oice has been interpreted
as a proxy for either temperature (3, 4, 22) or precipitation with im-
portant contribution from remote convective moisture sources
from Amazon basin (22–35). These conflicting results have led to
the long outstanding question: Is tropical δ18Oice a proxy for tem-
perature or precipitation? Here, combining paleo δ18Oice records
with climate models, modern remote sensing measurements of
vapor δ18Ov, and a radiative-convective equilibrium theory, we
show that tropical δ18Oice represents the temperature change in
the tropical mid- to upper troposphere for deglacial climate
change, caused mainly by Rayleigh distillation and thermodynamic
processes. Furthermore, in contrast to all other temperature records,
which only reflect regional changes, the tropical ice core record pro-
vides a “Goldilocks” indicator of global mean surface temperature

(GMST) change during the deglaciation, providing the first estimate
of glacial GMST cooling independent of oceanic proxies.

RESULTS AND DISCUSSION
Model-data comparison of precipitation δ18O over the last
deglaciation
We first examine the classical Huascarán δ18Oice in comparison
with a transient simulation of climate-isotope coevolution over
the last deglaciation [20 to 11 thousand years (ka); Fig. 1]
[iTRACE, Materials and Methods, and fig. S1, (18)]. Observational
δ18Oice is dominated by an enrichment trend of about 6.5 per mil
(‰) during the last deglaciation, with two modest depletion
periods during Heinrich Stadial 1 (~18 to 15 ka) and the Younger
Dryas (~13 to 12 ka) that bracket an enrichment during the Bølling-
Allerød warming (~14.5 to 13 ka) (Fig. 1D, gray) (3). The iTRACE
precipitation δ18Op over Huascarán, however, exhibits a completely
different evolution profile that is dominated by millennial variabil-
ity with an amplitude of only 2‰ (Fig. 1D, green). This δ18Op var-
iability is negatively correlated with the millennial variability of
local precipitation, in the sense of isotopic “amount effect”
(Fig. 1D, blue), similar to previous modeling studies on other
time periods (22, 27, 32–34). The discrepancy of the model δ18Op
from observational δ18Oice seems unlikely to be caused by sublima-
tion in the ice cores. Instead, as shown below, this model-data in-
consistency quite likely results from one serious model deficiency in
the study of tropical Andes (22, 32, 36, 37): the model topography.
Because of the limited model resolution, model topography at the
Huascarán ice core grid is only 830 m in iTRACE, much lower than
the 6050-m elevation in the real world (Fig. 1, E and G).

Model δ18O change with elevation
It remains technically challenging to directly compare model δ18Op
with ice core δ18Oice at the ice core elevation, because the resolution
of global climate models cannot resolve isolated high mountain
peaks. We propose an alternative approach, which is to treat the
change of model vapor δ18Ov(z) as an approximation of δ18Op at
the altitude z as if the mountain did peak at z in the model.

1Department of Geography, Ohio State University, Columbus, OH, USA. 2School of
Geography Science, Nanjing Normal University, Nanjing, China. 3Byrd Polar and
Climate Research Center, Ohio State University, Columbus, OH, USA. 4School of
Earth Sciences, Ohio State University, Columbus, OH, USA. 5Department of Earth
Sciences, University of Connecticut, Storrs, CT, USA. 6Scripps Institute of Oceanog-
raphy, University of California, San Diego, San Diego, CA, USA. 7Department of
Geosciences, University of Arizona, Tucson, AZ, USA. 8Department of Earth and
Planetary Sciences, University of California–Davis, Davis, CA, USA. 9Department
of Earth and Environmental Sciences, Vanderbilt University, Nashville, TN, USA.
*Corresponding author. Email: liu.7022@osu.edu
†These authors contributed equally to this work.

CORRECTION POSTED 21 NOVEMBER 2023

SC I ENCE ADVANCES | R E S EARCH ART I C L E

Liu et al., Sci. Adv. 9, eadi6725 (2023) 8 November 2023 1 of 14

D
ow

nloaded from
 https://w

w
w

.science.org at O
hio State U

niversity on N
ovem

ber 24, 2023

mailto:liu.7022@osu.edu
https://www.science.org/doi/10.1126/sciadv.adi6725
http://crossmark.crossref.org/dialog/?doi=10.1126%2Fsciadv.adi6725&domain=pdf&date_stamp=2023-11-08


Hence, the δ18Oice record will be compared with the model δ18Ov(z)
of the altitude of the ice core site. Despite the potential difference
between δ18Op and δ18Ov associated with condensation and mixing
processes, their changes over long climate time scales are likely to be
similar because δ18Op depends critically on the environment δ18Ov,
aside from about a 7‰ enrichment due to condensation fraction-
ation and mixing (38). This similarity is seen in the deglacial evo-
lution of δ18Op and the near surface δ18Ov at Huascarán in iTRACE
(Fig. 1D, black versus green), and, more generally, in the high cor-
relation between δ18Op and near surface δ18Ov (more precisely,
weighted by precipitation as δ18Ovp) in iTRACE over the globe
(fig. S2).

The deglacial evolution of δ18Ov(z) in iTRACE changes marked-
ly with elevation at Huascarán, from a weak isotopic depletion trend
in the lower atmosphere (below 3000 m; Fig. 1C, black) to a strong
enrichment trend in the middle and upper troposphere (above 5000

m) (Fig. 1, A and B, black). The evolution of model δ18Ov at the ice
core elevation closely resembles that of the observed δ18Oice, except
for about 6‰ enrichment of δ18Oice as expected from the conden-
sation fractionation and mixing processes (Fig. 1B). Temperature
exhibits a warming trend with increasing amplitude from the
surface to the upper troposphere (orange, Fig. 1, A to D) such
that the evolution of δ18Ov(z) at and above the ice core site
closely resembles that of temperature. This vertical change of
δ18Ov variability leads to a reversal of the correlation between
δ18Ov and temperature cor <δ18Ov, T> from negative to positive
from the lower to upper troposphere. This vertical change of
δ18Ov variability is confirmed to be robust in a pair of high-resolu-
tion atmospheric model simulations for the Last Glacial Maximum
(LGM) and preindustrial period (PI) (HighRes, 25 km resolution,
Materials and Methods), as seen in the δ18Ov and temperature
(Fig. 1, marked at 19 ka for LGM and 11.5 ka for PI in black stars

Fig. 1. Model-data comparison for the last deglacition on Huascarán. Time series of ice core δ18Oice (gray, in‰) in (A to D) Huascarán compared with iTRACE model
(200-year running mean) vapor δ18Ov (black, in‰) and temperature (orange, in °C) at different altitude (σ level), and, in addition, precipitation (blue, in mm/day) and
precipitation δ18Op (green, in‰) at the surface (D). Also shown in (A) and (B) are the δ18Ov (black star) and temperature (orange star) in the HighRes iCAMmodel at LGM
and preindustrial (PI), marked at 19.5 and 11.5 ka, respectively, with the δ18Ov offset by 6.5, 4‰ in (A) and (B), respectively. Model topography (in m) is shown for (E)
iTRACE and (F) HighRes over South America, with the elevations of Huascarán and Sajama marked for the model (real world). The highest topography along the Andes is
shown in (G) for iTRACE (orange) and HighRes (blue), and the real world (green), with the real-world Huascarán and Sajamamarked in red and the annual freezing level in
iTRACE PI (purple). It is seen that δ18Ov changes markedly with height, while temperature change remains similar with height, such that at high elevations, δ

18Ov var-
iability resembles temperature.
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and orange dots, respectively). A largely similar vertical change of
δ18Ov can also be seen in Sajama, another Andean ice core on the
tropical margin (4) (fig. S3 and text S1).

The correlation sign reversal with elevation is a general phenom-
enon over the entire tropics as shown globally in the zonal mean of
cor <δ18Ov, T> with height and latitude (Fig. 2A). In the tropics, the
correlation reverses from negative to positive with height systemati-
cally, such that cor <δ18Ov, T> is positive in the upper troposphere,
consistent with the sense of isotopic “temperature effect” there. This
correlation structure is largely zonally uniform such that δ18Ov var-
iability over the Andes is representative of the tropics overall (text S2
and figs. S4 and S5). Furthermore, the positive correlation observed
throughout almost all the upper tropical troposphere extends

toward both poles via the middle and lower troposphere. Thus,
the upper tropical troposphere appears like the “third pole” for
δ18Ov, which is dominated by the temperature effect as in the
other two poles. Last, this extensive positive correlation “layer”
aloft is separated from the lower atmosphere by a zero correlation
level that coincides roughly with the annual freezing level (the green
dash dot line in Fig. 2A).

The positive global paleothermometer slope dδ18Ov/dT derived
from the δ18Ov − T regression in the upper tropical troposphere is
mainly determined by the cooling trend (instead of millennial var-
iability) from PI (0 ka) to LGM (20 ka), as seen in the similar
dδ18Ov/dT calculated from the difference between the two snap-
shots of LGM and PI (fig. S6C). This cooling trend is caused by a

Fig. 2. Global vapor δ18Ov and temperature relation during deglaciation. Zonal mean of (A) temporal correlation (after 500-year running mean) between the δ18Ov
(‰) and the temperature (°C) at the same location (longitude, latitude, and altitude) and (B) dδ18Ov/dT regression slope (‰/°C) from 21 to 11 ka in iTRACE (shading).
Zonal mean climatology temperatures at the PI are also plotted in each panel (black contours). The annual freezing level (0°C) is plotted in heavy black and green dash dot
line for PI and LGM, respectively. Real-world Huascarán is also marked. Since temperature cools at the LGM relative to the PI, precipitation decreases in the tropics at the
LGM relative to the PI. Thus, a negative δ18Ov correlation (or slope) with temperature is in the sense as the amount effect, and a positive correlation indicates the dom-
inance of temperature effect.
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global cooling throughout the atmospheric column, but a vertical
reversal of δ18Ov change in the tropics (fig. S6a). A similar response
of δ18Ov and temperature between LGM and PI and the resulting
dδ18Ov/dT slope can also be seen along the Andes (fig. S7, A and
C). This deglacial response in iTRACE is also robust in the
HighRes model, as seen in the LGM-PI difference in δ18Ov, temper-
ature and the dδ18Ov/dT slope in global zonal mean (fig. S6, B and
D) and along the north-south section of Andes (fig. S7, B and D).
Note that, even in the HighRes, model topography at Huascarán
(4067 m) is still below the annual freezing level, while the ice core
site is well above the freezing level (Fig. 1, F and G, and fig. S7, B and
D). A further analysis of three sensitivity experiments accompany-
ing iTRACE (Materials and Methods) suggests that the reversal of
cor <δ18Ov, T> is robust in response to individual forcings [green-
house gases (GHG), ice sheet, meltwater, and orbital forcing] as
seen in the correlation and the regression slope dδ18Ov/dT (fig. S8).

The positive cor <δ18Ov, T> in the upper troposphere that re-
flects the temperature effect is accompanied by a negative cor
<δ18Ov, T> in the lower tropical atmosphere. This negative cor
<δ18Ov, T> is in the same sign as the amount effect of precipitation
δ18Op (21, 39), but is caused partly by the amount effect response to
deglacial warming as in previous modeling (18, 20) and observa-
tional (40, 41) studies of cave speleothem δ18Oc and partly by the
direct melting water effect of sea water δ18Osw change (fig. S9 and
text S3) (42). Thus, our models suggest that the climate impact on
δ18O in the tropics strongly depends on the altitude, dominated by
the response in the sense of amount effect in the lower atmosphere
as observed in lowland cave speleothem records but also by the re-
sponse in the sense of temperature effect in the upper troposphere
as reflected in polar ice cores.

Reversal of the δ18O response in satellite observations
The reversal of water isotope variability with height is confirmed in
modern observations of interannual variability in two independent
satellite measurements of vapor HDO/H2O: tropospheric emission
spectrometer (TES) (43, 44) and MUSICA (MUltiplatform remote
Sensing of Isotopologs for investigating the Cycle of Atmospheric
water) IASI (Infrared Atmospheric Sounding Interferometer) (Ma-
terials and Methods) (45). The vertical change in δDv variability,
which could be inferred from its different responses to El Niño
and Southern Oscillation between the surface and 500 hP in TES
(46), is confirmed in our systematic analysis of TES and IASI
across pressure levels and in our models (fig. S10 and text S4).
This vertical change in δDv interannual variability is demonstrated
more clearly in the vertical profile of correlation between monthly
TES δDv(z) at different levels and the surface δDv(0) for each point
in the tropics. The vertical profiles of cor <δDv(z), δDv(0)> in the
tropics change predominantly from positive at the surface to nega-
tive above 700 hPa (Fig. 3A). Independently, the sign reversal of
δ18Ov variability can also be seen in the mid-troposphere IASI
δDv correlated with the precipitation δDp over the GNIP (Global
Network of Isotopes in Precipitation) stations in the tropical
Pacific and Atlantic region (Materials and Methods) (Fig. 3E).
The surface δDp correlation with local precipitation and surface
temperature are negative (stars and triangles in Fig. 3E), consistent
with the amount effect at these stations. These features of the cor-
relations on interannual variability are also found consistent in
iTRACE and HighRes models (Fig. 3, B, C, F, and G). The consistent
vertical structure of interannual isotope variability between our

models and two independent satellite measurements provides
strong support for the vertical reversal of the isotope response in
our models for deglacial variability in iTRACE, which has been dis-
cussed earlier in Fig. 2 and, similarly to the interannual variability,
in the vertical profiles of the correlation of deglacial variability in
Fig. 3 (D and H).

Mechanism for the reversal of the δ18O response
The sign reversal of tropical δ18Ov variability is caused fundamen-
tally by atmospheric thermodynamics and Rayleigh distillation
process, with further contribution from convection-induced
mixing. In a radiative convective equilibrium (RCE) theory of a
coupled water vapor/isotope system that consists of a saturated
cloud plume embedded in a broad environment (47, 48), the vertical
depletion slope of the environmental δ18Ov, i.e. the isotopic lapse
rate, can be derived as

j∂zðδ18OvÞ j � N j∂zðδ18OvÞRayleigh j ð1Þ

where N > 0 is a non-Rayleigh factor that depends on mixing pro-
cesses, and ∣∂z(δ18Ov)Rayleigh∣ is the isotopic lapse rate of the Ray-
leigh process that depends predominantly on the environmental
temperature T and lapse rate Γ as (Materials and Methods)

j∂zðδ18OvÞRayleigh j ≏ Γ=T2 ð2Þ

This Rayleigh solution suggests that a colder temperature and a
larger temperature lapse rate (as in LGM cooling) lead to a
steeper isotopic depletion slope in the environment δ18Ov. This is
one key factor that causes the reversal of δ18Ov response with eleva-
tion. Furthermore, convective mixing may further enhance the iso-
topic lapse rate to N > 1, by enriching the upper troposphere
through detrainment (49) and depleting the lower atmosphere
through rain re-evaporation (50), unsaturated downdraft at low
rainfall rates, and equilibration with subcloud vapor at high rainfall
rates (Materials and Methods) (49).

Here, we take the LGM-PI cooling as an example. Near the
surface, the δ18Ov is increased at LGM relative to PI by two
effects. The first is the reduced precipitation associated with the
amount effect, which is caused by various processes in deep convec-
tion systems (9), including the change of condensation altitude, the
re-evaporation of large size of droplets and its diffusive exchange
with the surrounding vapor and the recycling of the subcloud
layer vapor feeding the convective system (21, 39, 51). The second
is the increase of sea water isotope that is caused by the trapping of
light isotopes over continental ice sheets (text S3). Upward in the
mid- to upper troposphere, however, the δ18Ov response is eventu-
ally reversed to decrease because the colder temperature at LGM
leads to a stronger decrease of δ18Ov with elevation at LGM than
PI, as shown in Eqs. 1 and 2 (fig. S11, A and B, and Materials and
Methods). Furthermore, the magnitude of the reversed δ18Ov re-
sponse in the tropics in iTRACE can be diagnosed quantitatively
using the theoretical solution of our RCE model or Rayleigh distil-
lation model, along with the iTRACE model temperature (figs. S11,
C to F, S12, S13, and S14, and Materials and Methods), further sup-
porting the dominant role of Rayleigh distillation process, enhanced
by convective mixing, in producing the temperature effect of δ18Ov
in the mid- to upper troposphere.

Last, the temperature effect of δ18Ov in the mid- to upper tropo-
sphere is determined predominantly by the response of the isotopic
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lapse rate with temperature as shown in Eqs. 1 and 2, instead of the
surface δ18Ov response and/or the reversal. This follows because the
magnitude of δ18Ov change is usually much smaller near the surface
than in the upper troposphere. Thus, a colder (warmer) atmospher-
ic column will always lead to a steeper (flatters) isotopic lapse rate
∣∂zδ18Ov∣ and, in turn, a depleted (enriched) δ18Ov response in the
mid- to upper troposphere, regardless of the sign of the small δ18Ov

response near the surface. Therefore, the temperature effect of δ18Ov
in the upper troposphere is determined robustly by Rayleigh distil-
lation and thermodynamic processes. The near-surface response of
δ18Ov (and δ18Op), however, is determined by more complex pro-
cesses associated with the amount effect, and, in addition, by the
change of sea water δ18Osw during deglaciation (text S3 and Mate-
rials and Methods). The reversal response discussed above,

Fig. 3. Vertical structure of isotope
variability. (A) Temporal correlation
between monthly vapor [δDv(z)] at
each data level and that at the surface
1000 hPa [δDv(0)] in TES observation
over tropics (20°S-20°N). (B) Same as (A)
but for δ18Ov in iTRACE PI simulation at
each model level. (C) Same as (B) but
for HighRes PI simulation. (D) Same as
in (B) for iTRACE, but for 500-year
running mean variability for the de-
glacial evolution in 21 to 11 ka. Gray
lines are for the correlation profiles at
all available grid points, the heavy
black line for the ensemble mean of all
points, blue ticks for a 1-σ ensemble
spread, and the red dashed line for the
reversal level of ensemble mean cor-
relation. For visualization, the HighRes
are calculated after binning the data
onto a 2° × 2° box before correlation.
(E) Temporal correlation between IASI
monthly vapor δDv(z) at three data
levels and precipitation δDp (dots with
connected lines) over four GNIP sta-
tions in the eastern equatorial Pacific-
Atlantic region (surface value 1 as δDp
correlation with itself ). Also marked
near the surface are the correlations
between GNIP δDp and precipitation
(stars) and surface temperature (trian-
gles). (F) Same as (E) but for δ18Ov in
iTRACE PI simulation. (G) Same as (E)
but for HighRes PI simulation. (H) Same
as in (F) for iTRACE, but for 500-year
running mean variability for the de-
glacial evolution in 21 to 11 ka.
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however, reconciles the seemingly conflicting results between the
amount effect in low-elevation δ18Op and the temperature effect
of high-elevation δ18Oice in the tropics.

Tropical temperature change
Our model LGM-PI cooling is about −7°C at the Huascarán site
(fig. S7, A and C). This cooling agrees with the lower end estimation
of −8°C from Thompson et al. (3) based on the present day spatial
slope Δδ18Op/ΔT ≈ 1‰/°C in Antarctica, because this spatial slope
happens to be close to our model deglacial temporal slope Δδ18Ov/
ΔT ≈ 1‰/°C at the Huascarán site (figs. S7, B and D, S15, and text
S5). This cooling over the Andes is a good representation of the
overall tropical cooling at the same altitude in models (fig. S6, A
and C), as expected from the weak horizontal temperature gradient
response in the tropical free atmosphere (52). At the surface, our
model temperature in the tropics cools by −4°C over the ocean
and by −5°C over land (fig. S16, A and B). The stronger cooling
over lowlands is consistent with paleo reconstructions (53–56).
The 4°C sea surface temperature (SST) cooling of model SST,
while greater than the −2° to −3°C cooling in most SST reconstruc-
tions so far (57), is consistent with a recent data assimilation reanal-
ysis (58, 59). Overall, the annual freezing level in the tropics is
lowered by 960 m (from 4.63 to 3.67 km; figs. S12 and S16C), con-
sistent with the 900-m lowering of snowline deduced from observa-
tions (55). Unlike the weaker SST cooling that is found to be
inconsistent with the snowline and ice core data in observations
(23, 24, 53, 60), our −4°C surface cooling is dynamically consistent
with the stronger alpine cooling in our models, mainly in response
to reduced CO2 (61). Thus, Huascarán δ18Oice acted as a “weather
station tower” that continuously recorded the history of tropical
temperature change in the mid- to upper troposphere, along with
low-level changes recorded in other proxies.

A Goldilocks indicator of global temperature change
In contrast to other known temperature records, which tend to rep-
resent regional temperature changes, the tropical mid-troposphere
is unique in that its temperature is also an excellent indicator of
GMST change during deglaciation, both qualitatively and quantita-
tively. Qualitatively, the deglacial temperature evolution is similar
between the GMST and the tropics throughout the atmospheric
column in iTRACE (fig. S17, A and B). This occurs because the
tropics are located in the proximity of the nodal point of the inter-
hemispheric bipolar seesaw temperature response associated with
the millennial variability of the Atlantic Meridional Overturning
Circulation. Hence, millennial temperature variability is greatly
suppressed in both the global mean and the tropics. This leaves a
deglacial temperature evolution dominated by a warming trend
that is forced by the rising CO2 and retreating ice sheet in
iTRACE (fig. S17, C to E), as in the reconstructed GMST
(Fig. 4A) (59, 62). This representation of mid-troposphere temper-
ature also explains the overall consistency among ice core δ18O
records in different parts of the tropics in the observation (63).

This temperature variability in the tropical mid-troposphere
further serves as a Goldilocks indicator of the GMST variability,
quantitatively. This is evident in the nearly identical magnitude of
deglacial evolution between the Huascarán temperature and GMST
in iTRACE (Fig. 4A). Physically, the magnitude of the atmospheric
temperature response increases upward in low latitudes along with
the response of the moisture lapse rate (61) but increases downward

at high latitudes due to strong stability and the surface albedo feed-
back (fig. S6, A and B). The opposite vertical temperature responses
between low and high latitudes compensate to produce nearly the
same magnitude of glacial cooling below the mid-troposphere for
the global mean temperature in iTRACE, and, robustly, across a
wide range of climate models (fig. S18). Hence, the tropical mid-tro-
posphere is ubiquitously at the Goldilocks spot where the deglacial
temperature variability is quantitatively the closest to that of GMST,
as shown as the minimum deviation of deglacial temperature
change from GMST in iTRACE (Fig. 4B). This vertical structure
of temperature response in iTRACE is robust across climate
models in the LGM-PI difference across HighRes and Paleoclimate
Model Intercomparison Project (64, 65) (PMIP) models (figs. S18
and S19 and text S6).

First solely land proxy-based estimation of GMST
glacial cooling
For the best estimation of GMST, we convert the Huascarán δ18Oice
to ∆GMST using the ensemble of models available along with some
minor adjustments related to, say, the sea level change (Materials
and Methods). First, the Huascarán temperature is reconstructed
from the Huascarán δ18Oice using the Huascarán temporal slope
derived from the HighRes model Δδ18Ov/ΔT = 0.88 ± 0.13‰/°C
(1σ) (Fig. 5A). This gives the mid-troposphere cooling ΔTHuascarán
= −7.3 5° ± 0.11°C based on the LGM-PI isotope difference Δδ18Oice
= −6.5‰. Next, the ∆GMST is reconstructed from this ΔTHuascarán
using the Goldilocks’ scaling factor ΔGMST/ΔTHuascarán = 0.80 ±
0.11 that is derived from the grand ensemble of PIMP and iCESM
models (Fig. 5A). The deglacial evolution of our reconstructed
∆GMST is in overall good agreement with the latest reconstruction
form the LGM Reanalysis (LGMR) (44), especially given the chro-
nology uncertainty of our δ18Oice record in the early period towards
the LGM. For the LGM, there are nine quantitative estimations
available with the medium ranging from −3° to −6.3°C (58, 66–
74). Our Huascarán-derived LGM cooling is ∆GMST = −5.9° ±
1.2°C, with six of nine previous medium estimations within our
66% confidence level (Fig. 5B). Our estimation is the only land-
based estimation independent of marine proxies, while all previous
estimations can be considered based on marine proxies because they
rely solely (58, 67, 68, 71–73) or mostly (66, 69, 70, 74) on marine
proxies, which have various potential errors (58, 72). Furthermore,
in contrast to all surface temperature proxies, which tend to repre-
sent local temperature changes and therefore require dense network
to reconstruct GMST, our δ18Oice record is unique in its Goldilocks
position high up in the tropical atmosphere column such that it can
represent global temperature change by itself. Last, given all the
estimates and their uncertainties, we have the maximum likelihood
estimation of the LGM cooling as ∆GMSTOptimal = −5.85° ±
0.51°C (Materials and Methods), suggesting the high-end LGM
cooling and climate sensitivity.

MATERIALS AND METHODS
Method 1: Models: The iTRACE simulation
The iTRACE is performed in the state-of-the-art iCESM1.3 with
water isotopes enabled (66) from 20,000 to 11,000 years ago (20
to 11 ka) under realistic external forcing of GHG, orbital, ice
sheet, and ocean bathometry as well as meltwater forcing (18).
The iCESM1.3 is composed of the community atmosphere model
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(CAM5.3), Parallel Ocean Program, version 2 (POP2), Los Alamos
Sea Ice Model, version 4 (CICE4), and Community Land Model,
version 4 (CLM4). The resolution of atmosphere and land is
nominal 2° resolutions (1.9° in latitude and 2.5° in longitude),
with 30 vertical levels in the atmosphere; the resolution of ocean
and sea ice is nominal 1° horizontal resolutions (gx1v6), with 60
vertical levels in the ocean. Our iCESM1.3 reproduces the
present-day climate reasonably well, similar to CESM1.2, iTRACE
reproduces well the deglacial evolution of water isotope observed in
the Asian monsoon region and polar regions (18, 75, 76). The
iTRACE experiment is performed along with three forcing sensitiv-
ity experiments with the forcing factors added one by one, first the
ice sheet (ICE-6G), then the orbital forcing, and last GHG, forming
three transient sensitivity experiments, ICE, ICE + ORB, and ICE +
ORB + GHG, respectively. The baseline iTRACE simulation (also,
ICE + ORB + GHG + MWF) is branched off from the ICE + ORB +
GHG run at 19 ka, with the meltwater forcing imposed. These ex-
periments allow us to estimate the impact of each forcing effect ap-
proximately as: ice sheet (experiment ICE), orbital (experiment ICE
+ ORB − experiment ICE), GHG (experiment ICE + ORB + GHG −
experiment ICE + ORB), meltwater flux (experiment iTRACE − ex-
periment ICE + ORB + GHG).

The HighRes simulations are two snapshot experiments of the
atmospheric component model of iCESM1.3 forced by 25 years of
monthly SST and sea ice cover created using LGM (21 ka) and PI
simulations branched off from iTRACE. Here, the atmosphere and
land components are active and use iCAM5.3 and iCLM4, respec-
tively. The HighRes simulations have roughly 25 km horizontal res-
olution (0.23° in latitude and 0.31° in longitude) and 30 vertical
levels in the atmosphere.

In both models, the native vertical coordinate for the atmosphere
is in the hybrid σ-pressure coordinate, with σ = 1 and 0 at the surface
and top of atmosphere, respectively. Most analyses are performed
here on the processed data interpolated onto the pressure level.

Method 2: iTRACE, climatology comparison with GNIP
around the Andes
The global distribution of iTRACE model climatology of climate
and isotopes of the present day has been validated against observa-
tions (66), and its seasonal cycles are compared with GNIP obser-
vations (https://iaea.org/services/networks/gnip) for the Asian
region (18) and lowlands of the South America monsoon region
(19). Here, we further compare the model climatology of both

Fig. 4. Huascarán and global temperature evolution in iTRACE. (A) Deglacial
annual temperature (°C) for Huascarán and GMST. (B) Zonal mean of the root
mean square deviation of iTRACE deglacial temperature variability at each grid
point from the GMST variability (°C). Huascarán temperature variability exhibits
the GMST variability quantitatively, because of its Goldilocks location in the trop-
ical mid-atmosphere where temperature variability exhibits minimum deviation
from the GMST variability.

Fig. 5. Reconstruction of Huascarán temperature and GMST. (A) Deglacial tem-
perature (°C) at Huascarán (blue) and for GMST (red) reconstructed from the Huas-
carán δ18Oice record (3) along with the GMST reconstruction from the LGMR (59)
(black, shading 95% level). The blue and red stars represent the LGM-PI difference
for Huascarán and GMST. (B) Estimates of LGM cooling ΔGMST from previous
studies [blue bars, including SA11 (69), AJ13 (70), AJ22 (74), FT20 (73), SVD06
(67), TJ20 (58), HP10 (68), SC16 (71), and BB18 (72)] and our Huascarán δ18Oice re-
construction (red bars), respectively. Dots show themedian, vertical bars represent
the 66% CI, as derived from the original publications. Previous estimations are
based on marine proxies, either solely or predominantly, while our estimation is
based on a Goldilocks land-record only. The blackline represents the maximum
likelihood estimation derived from all the 10 estimations, with the gray shading
for the 66% CI.
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iTRACE model and HighRes against GNIP observations in two sta-
tions over the Andes: Marcapomacocha (76.3°W, 11.4°S) (fig. S1, A1
to C1) and Laica (68.1°W, 16.5°S) (fig. S1, A2 to C2). It is seen that
the model seasonal cycle of temperature, precipitation and δ18Op
compare well with GNIP observation, except for larger amplitude
of precipitation in the model, possibly due to the warm SST bias
along the tropical eastern Pacific and low topography due to
coarse model resolution (not shown). The low topography in the
iTRACE model also produced a warm bias.

Method 3: Present satellite observations and analyses
To study the vertical structure of interannual variability of stable
water isotopes, we analyze vapor δDv from the paired measure-
ments of HDO/H2O in two independent satellite data sets. The
first set is the TES (43, 44), which is available for the period of
2004 to 2012 on five tropospheric levels (316, 454, 681, 825, and
1000 hPa). The second set is MUSICA IASI (45) (level 3 product
regridded to a regular 1° × 1° grid; https://essd.copernicus.org/
articles/13/5273/2021/#section5), which is available for the period
of 2014 to 2020 on three tropospheric levels (454, 600, and 700
hPa). Since IASI does not have surface data, we use as a substitute
for the precipitation δDp over GNIP stations from 2012 to 2017
under the Coordinated Research Project F31004 sponsored by the
International Atomic Energy Agency. Figure 3 (E to H) shows the
vertical structure of the temporal correlation <δDv, δDp> during the
overlapping period of δDv (IASI) and δDp over four GNIP stations
around the tropical East Pacific and tropical Atlantic region: Gala-
pagos, Ecuador (90.3°W, 0.74°N), Havana, Cuba (82.22°W, 23°N),
28 Millas, Costa Rica (83.37°W, 10.1°N), and Ascension Island,
Saint Helena (14.2°W, 7.92°S). The correlation is also made
between δDp and station surface temperature and precipitation
(as markers around the 900 hPa level). Several points are worth
noting. First, in Fig. 3 and fig. S10, the interannual correlations
are calculated using the total monthly data. The signs of the corre-
lations remain similar if the correlations are made separately for the
seasonal cycle and the monthly anomaly after removing the seasonal
cycle. This is consistent with our RCE theory (later in method 4)
that the sign reversal is caused by the rapid local convective
process. Second, the model correlations are virtually the same for
both δD and δ18O. Third, the sign reversal of the vertical profiles
of cor <δ18Ov(z), δ18Ov(0)> in Fig. 3 (A to D) becomes even
clearer if we confine the correlation in the subregions of strong
convection and heavy precipitation, say, annual mean rainfall
greater than 4 mm/day. This is consistent with the convective mech-
anism discussed in the RCE model (later in method 4). It has been
pointed out that the surface data in TES are less certain (44, 46).
This may explain the weaker negative correlation cor <δ18Ov(z),
δ18Ov(0)> in the mid-troposphere in TES, which is only about
−0.2 in TES (Fig. 3A), but reaches about −0.5 in IASI (Fig. 3E)
and the models (Fig. 3, B, C, F, and G).

Method 4: RCE theory for isotope response with elevation
We use a simple bulk-plume model under the RCE assumption, in
which the convective cloud and the environment are treated as two
“bulk plumes,” each of homogenous properties at altitude z, with the
cloud occupying a negligible fraction of area (47). In addition, a
heavy isotope (H2

18O or HDO) is also incorporated along with
the light water isotope or water vapor (H2

16O) (48). To focus on
the isotope, here, we used the temperature and, in turn, lapse rate,

as given. The basic equations and solutions have been studied in
detail by Romps (47) and Duan et al. (48), and are presented
briefly here for the readers’ convenience. The coupled moisture-
isotope system consists of five equations for the vertical fluxes in
the column of the free atmosphere

dzM ¼ εM � δM ð3aÞ

dzðMqcÞ ¼ εMqv � δMqc � c ð3bÞ

dzð� MqeÞ ¼ � εMqe þ δMqc þ ξcðz þ ΔzÞ ð3cÞ

dzðMq0cÞ ¼ εMq0e � δMq0c � α
q0c
qc

c ð3dÞ

dzð� Mq0eÞ ¼ � εMq0e þ δMq0c þ ξα
q0cðz þ ΔzÞ
qcðz þ ΔzÞ

cðz þ ΔzÞ ð3eÞ

Equation 3a is for the total ascent mass flux M in the cloud plume
(with units of kg m−2 s−1), which is accompanied by an equal
amount of decent mass flux −M in the environment. Equations
3b and 3c are the moisture budget in the clouds and environment,
respectively, with qc and qv as the mass mixing ratio of ordinary
moisture H2

16O (or specific humidity) in clouds and environment,
respectively, and, furthermore, qc being assumed in saturation. Par-
allel to the two moisture equations, Eqs. 3d and 3e are for the heavy
isotopes in cloud and environment, respectively, with qc

0 and qv
0

being the mass ratios of heavy isotopes H2O18 in clouds and envi-
ronment, respectively. The fractional rates of entrainment and de-
trainment of moisture are ɛ and δ, respectively, which are related to
each other for a given vertical profile of mass flux M(z) due to mass
conservation. The c is the condensation rate, from which a propor-
tion of ξ evaporates while falling over a distance of Δz, such that the
precipitation efficiency is 1 − ξ. The α ≈ 1.015 is the fractionation
coefficient for oxygen water isotopes in the mid- to upper tropo-
sphere because the original equations for HDO are now adapted
for H2O18.

Following Duan et al. (48), we assume equal fractional entrain-
ment and detrainment rates δ = ɛ, which are justified because of the
overall comparable magnitudes of entrainment and detrainment
fluxes in the free atmosphere in vertical average (77). Since, in
general, the relative humidity of the environmental air, RH = qv/
qc, varies slowly with height, one can derive from Eqs. 3a to 3c an
analytical solution [in the Wentzel-Kramers-Brillouin (WKB)
approximation (78)] of an exponential vertical profile of water
vapor (47)

qcðzÞ ¼ qcð0Þe� γz; qvðzÞ ¼ RHqcð0Þe� γz ð4aÞ

where qc(0) is the specific humidity at the base of the cloud or free
atmosphere, or the lifting condensation level, and

c ¼ ½γ � εð1 � RHÞ�Mqc;RH ¼
εþ aξγ � aξε
εþ γ � aξε

ð4bÞ

where a = e−γΔz. The water-vapor lapse rate can be approximated by
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using the Clausius-Clapeyron relationship as (47)

γ ¼
LΓ

RvT2 �
g

RaT
�

LΓ
RvT2 ð5Þ

where the first term that is associated with the saturation water
vapor pressure dominates over the second term that is associated
with air pressure. Here, L = 2.45 × 106 J kg−1, Rv = 461 J kg−1K−1,
Ra = 287 J kg−1K−1, and g = 9.8 ms−2 are fundamental constants of
the latent heat of evaporation, specific gas constants of water vapor
and dry air, and gravitational acceleration. The Γ and T are the tem-
perature lapse rate and air temperature of the environment. In
theory, they are constants evaluated at the base of cloud (47). Con-
sistent with the WKB approximation (78) of the solution in Eqs. 4a
and 4b, nevertheless, Γ and T can also be evaluated approximately
locally at each altitude, as done for our model diagnosis in fig. S11
(C to F). In the application for diagnosing iTRACE in figs. S11 (C to
F) and S12, the nonconstant Γ and T cause the vertical profile to
deviate substantially from the purely exponential solution in the
idealized case in fig. S11 (A and B).

Analogous to the water-vapor solution, the isotope can also be
solved in a WBK solution in the exponential form as

q0cðzÞ ¼ qc
0ð0Þe� γ0z; q0vðzÞ ¼ RH0q0cð0Þe� γ0z ð6Þ

where RH0 ¼ q0v=q
0
c is the heavy isotope relative humidity in the en-

vironment relative to that in the cloud, and γ0 is the heavy isotope
vapor lapse rate in the cloud. Given the solution for water vapor of c,
RH in Eqs. 3a to 3e, the corresponding isotope solutions of γ0and
RH0 can also be derived from Eqs. 3d and 3e to satisfy the equations

γ02 � α
γ2

εþ γ � aξε
γ0 � ð1 � bξÞαε

γ2

εþ γ � aξε
¼ 0 ð7Þ

and

RH0 ¼ 1 �
1
γ0
ð1 � bξÞα

γ2

εþ γ � aξε
ð8Þ

Here, b = e−γ0Δz = aγ0/γ, such that Eq. 7 is an implicit equation that
can be solved numerically through root finding, except in the case of
Δz = 0, where Eq. 7 reduces to a quadratic equation for γ0 and can be
solved analytically. The final solution for the vertical isotope profile
in the cloud and environment can be derived in general as (48)

δ18OcðzÞ ¼ ½1þ δ18Ocð0Þ�e� ðγ
0 � γÞz � 1 ð9aÞ

δ18OvðzÞ ¼
RH0

RH
½1þ δ18Ocð0Þ�e� ðγ

0 � γÞz � 1 ð9bÞ

To gain insight into the mechanism for the response of δ18O(z) to
climate change, here, we further derive an explicit solution by taking
advantage of the small deviation of the fractionation coefficient
from 1, i.e., 0 < α − 1 ≪ 1. From Eqs. 4a and 4b and 6 to 8, the
leading order perturbation solutions can be derived (on the small
parameter α − 1) as

γ0

γ
� 1 � Nðεγ; a; ξÞðα � 1Þ ð10aÞ

where

Nðεγ; a; ξÞ ¼
1þ εγ � aξεγ

1þ 2ðεγ � aξεγÞ þ εγξalnðaÞÞ
ð10bÞ

εγ ¼ ε=γ ð10cÞ

and

�
RH0

RH
� 1

� �

� Δðεγ; a; ξÞðα � 1Þ ð11aÞ

where

Δðεγ;a;ξÞ¼
εγð1 � ξaÞ2 � ξalnðaÞ

ξaþ εγð1 � ξaÞ½1þ2ξaþ2εγð1 � ξaÞþ ξaðξaþ εγÞlnðaÞ�
ð11bÞ

Thus, the vertical profile of isotopes in Eqs. 9a and 9b can be ex-
pressed at the leading order as

δ18OcðzÞ� ½1þδ18Ocð0Þ�e� Nðα� 1Þγz � 1 ð12aÞ

δ18OvðzÞ� ½1 � Δðα � 1Þ�½1þδ18Ocð0Þ�e� Nðα� 1Þγz � 1 ð12bÞ

One can further prove that ∆γ > 0 and ∆R > 0 for physically realistic
ranges of parameters. Therefore, in general, we have

γ0. γ ð13Þ

and

RH0, RH ð14Þ

Equation 13 shows that, in general, the isotope lapse rate exceeds the
water-vapor lapse rate γ0 > γ with fractionation (α > 1), such that
δ18Ov(z) decreases with altitude. The asymptotic solution of Eqs.
10a and 11a is an excellent approximation of the full WKB solution
solved numerically from Eq. 7. This can be seen in an example that
compares the factor N derived from the numerical solution with the
asymptotic solution (fig. S13, A versus B).

The key equation of our theory can be derived from Eq. 12b, or
equivalently from Eqs. 9b and 10a to 10c for the isotope lapse rate

j∂zðδ18OvÞ j ¼ γ0 � γ � Nðα � 1Þγ ≏ Nðα � 1ÞΓ=T2 ð15Þ

where we have used Eq. 5 as γ ~ Γ/T2. This equation states that the
vertical profile of isotope in vapor δ18Ov(z) steepens in response to a
global cooling. This occurs because a global cooling of a decreased
temperature T leads to an increased moisture lapse rate γ and, in
turn, an increased isotopic lapse rate ∂z(δ18Ov) in N(α − 1)γ. This
steeper slope is a key for understanding the temperature effect of
δ18Ov in the upper troposphere, as well as the sign reversal of
isotope response with height. Physically, this steeper lapse rate for
a cooler climate is robust because it is determined fundamentally by
the thermodynamics of Clausius-Clapeyron relationship (as seen in
Eq. 5) and the Rayleigh distillation in the RCE model, instead of the
mixing parameters. In the absence of entrainment/detrainment
mixing (ɛ = 0), we have from Eq. 10b that N = 1, and, in turn,
from Eq. 15

j∂zðδ18OvÞRayleigh j ¼ ðα � 1Þγ ð16Þ
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This solution is labeled in “Rayleigh” because it is the isotopic lapse
rate derived from the Rayleigh distillation relation (9, 79)

δ18Ov � δ18Ov0 ¼ ðα � 1Þlnðq=q0Þ ð17Þ

if α is assumed a constant. With the saturation specific humidity q =
qs(T ) (as in the saturated cloud vapor qc in Eq. 4a) and the corre-
sponding moisture lapse rate in Eqs. 5 and 16 can be recovered im-
mediately by the vertical differentiation of the Rayleigh relation
(Eq. 17).

In our RCE model, the non-Rayleigh processes associated with
mixing (ɛ > 0) and additionally re-evaporation (ξ > 0) play two roles.
First, mixing modifies the isotope lapse rate in the cloud and, in
turn, the environment (79). Combining the Rayleigh solution of
Eq. 16 with the general isotope lapse rate Eq. 15 gives

∂zðδ18OvÞ � N∂zðδ18OvÞRayleigh ð18Þ

Therefore, N is effectively the non-Rayleigh factor, which is deter-
mined by mixing and re-evaporation parameters as shown in Eq. 10.
In the numerical solution of Eq. 6, an increase of mixing ɛ, or a de-
crease of reevaporation ξ, reduces the factor N, and, in turn, the
isotope lapse rate, but only modestly. This can be seen in the
factor N as a function of ɛ and ξ (in the case of Δz = 0 km; fig.
S13, A and B). It is also seen that N is not very sensitive to the
mixing parameters. For a reasonably realistic regime of either ɛ <
0.3/km, or ξ > 0.5 (47), N ranges from about 0.8 to 1. Second, one
obvious role of the mixing process is the generation of environment
vapor for both water-vapor and heavy isotope. Otherwise, the envi-
ronment air would have been void of moisture and heavy isotopes
with RH = RH0 = 0, as seen by setting ɛ = ξ = 0 in Eqs. 4b and 11.
This can also be seen in the example in fig. S13 (C and D).

We now discuss the theoretical RCE solution and its application.
First, we show an idealized case with ɛ = 0.2/km and ξ = 0.65, along
with α = 1.015, largely consistent with those diagnosed from the
iTRACE PI simulation and previous works (47, 48). In this case,
the factor N = 0.85, as seen in fig. S13 (A or B), and therefore, iso-
topic lapse rate is close to the Rayleigh distillation process of N = 1.
Our solution offers an interpretation of the vertical reversal of δ18Ov
response, for example, for the case of LGM cooling as follows. We
start with an idealized case of a constant temperature lapse rate (Γ =
6.4°K/km of moisture lapse rate in the tropics, e.g., fig. S12, B and E)
such that the δ18Ov(z) profile decreases exponentially as shown in
Eq. 12b. Assume a cooling of the cloud-base temperature from 289°
K at “PI” to 284°K at “LGM” (ΔT = −5°K).The near sea level isotopic
enrichment is prescribed in the subcloud layer δ18Oc(0) from
−14‰ at PI to a slight enrichment of −13.4‰ at LGM as in
iTRACE. The surface δ18Oc(0) is prescribed here, as it results
from two mechanisms that are not included in our RCE model:
The amount effect, which is associated with complex processes
such as downdraft re-entrainment and re-evaporation (21, 39, 51,
79), and the isotope change of sea water ∆δ18Osw (text S3). The
δ18Ov(z) in our solution isotopically depletes exponentially with al-
titude for both LGM and PI (fig. S11A). Since the LGM depletion
profile is slightly steeper than that for the PI due to the colder tem-
perature, the δ18Ov difference of LGM-PI (∆δ18Ov) shows an almost
linear trend with altitude, reversing from the isotopic enrichment
(∆δ18Ov > 0) near the surface to isotopic depletion (∆δ18Ov < 0)
in the upper troposphere (above z = 4.5 km, or 600 hPa, in this
case) (fig. S11B). The corresponding δ18Ov − T regression slope

therefore changes from Δδ18Ov/ΔT < 0 below to the temperature
effect of Δδ18Ov/ΔT > 0 aloft.

Our RCE theory can be applied successfully to diagnose the
iTRACE response quantitatively, further supporting its interpreta-
tion of the temperature effect in the mid- to upper troposphere and
the reversal. In iTRACE, the vertical profiles of δ18Ov(z) at LGM and
PI show isotopic depletion with height over the tropics, and the
LGM-PI difference Δδ18Ov(z) also reverses from isotopic enrich-
ment to depletion above 600 hPa (fig. S11, C and D, black), quali-
tatively consistent with the idealized case in fig. S11 (A and B).
Quantitatively, using the model vapor δ18Ov at 900 hPa as
δ18Oc(0) (48), model temperature and the temperature lapse rate
at each altitude as T and Γ, our theoretical RCE solution largely re-
produces the vertical profiles of δ18Ov(z) in the tropics for both
LGM and PI, as well as the LGM-PI difference Δδ18Ov(z), in good
agreement with iTRACE (red in fig. S11, C and D). The δ18Ov(z)
isotopic lapse rate increases with height in iTRACE (fig. S12D),
rather than being a constant as in the idealized case in fig. S11A
because of the colder temperature T and increased lapse rate Γ
with height in iTRACE (fig. S12, E and F), following Eq. 15.
Hence, the response Δδ18Ov(z) of LGM-PI changes from weakly
positive in the lower atmosphere, to strongly negative above ~600
hPa (fig. S11D). Furthermore, our RCE solution can also be
largely reproduced by the Rayleigh model (blue, fig. S11, C and
D), suggesting the dominant role of Rayleigh distillation. The trop-
ical isotope changes largely follow the Rayleigh process, as seen in
the averaged vertical profiles of δ18Ov(z) against specific humidity,
temperature, and pressure (fig. S14, A to C). The Rayleigh profile
shows clearly a steeper lapse rate with altitude (decreasing pressure
in fig. S14C), which leads to a much depleted δ18Ov in the mid- to
upper tropics, reversing the weak enrichment at the sea level (1000
hPa). A similar diagnosis using the RCE model and Rayleigh model
can also interpret the Δδ18Ov(z) response over the Andes (with the
subcloud layer chosen as 750 hPa; figs. S11, E and F, and S12, A
to C).

Despite the dominant Rayleigh process, the isotope lapse rate
can be enhanced by non-Rayleigh processes that are not included
in our RCE model solution. Notably, a surface warming increases
deep convection, which tends to enrich the upper troposphere
through condensate detrainment and mixing (49, 79, 80), but de-
pletes the lower troposphere by rain evaporation (21, 50, 79). The
dominant detrainment (entrainment) in the upper (lower) tropo-
sphere tend therefore to increase the isotope lapse rate ∣∂z(δ18Ov)∣,
reenforcing the thermodynamic effect of Rayleigh process, effec-
tively making the non-Rayleigh factor N > 1. This convective
mixing effect, however, is not included in our RCE model solution,
because our RCE solution assumes a constant and equal vertical
profile of entrainment and detrainment rate δ = ɛ = const (48). In
this case, an increase of entrainment and detrainment actually leads
to a slight reduction of isotopic lapse rate, as seen in the solution of
the factor N in fig. S13 (A or B). Nevertheless, this convective
mixing effect is likely contributing to the response in our iCESM
simulations. Figure S14D shows the vertical profiles of entrainment
and detrainment averaged in the tropics in iTRACE. It shows clearly
that the total detrainment is dominant in the mid- to upper tropo-
sphere (above 700 hPa), while the entrainment is dominant in the
lower atmosphere, consistent with previous studies (81, 82). This
entrainment/detrainment profile is consistent with having the con-
vective mixing reinforcing the reversal response. The LGM-PI δ18Ov
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reversal response in iTRACE is stronger than those of both RCE
model and Rayleigh model, with the former being more depleted
(enriched) in the mid- to lower (upper) troposphere than the
latter two (black versus red and blue in fig. S11, D and F). This ex-
cessive reversal response in iTRACE can, therefore, be explained by
the convective mixing mechanism discussed above.

It should be noted that the interpretation of the Huascarán ice
core using the theory and iTRACE model simulation assumes that
the isotope lapse rate over Huascarán can be represented by that in
the nearby environmental tropical atmosphere. This assumption is
likely to be valid because Huascarán is a tall and isolate mountain
peak, which could be treated virtually as a passive “weather tower”
that does not disturb the environment atmospheric circulation and
in turn the isotope lapse significantly. In some other regions of high
plateaus, such as the Tibetan Plateau and the Altiplano, the large-
scale topography can strongly disturb the atmospheric convection
and the local isotope lapse rate, even leading to reversed isotopic
lapse rate (83–85).

Method 5: Estimating LGM cooling
In all previous estimations, the ∆GMST was reconstructed from
surface temperature proxies. Since surface temperature represents
local changes, this approach requires a large network of datasets.
Furthermore, since most of the surface temperature proxies are con-
fined over oceans, all these previous estimations of ∆GMST rely
either solely or mainly on SST proxies. Last, these SST proxies are
converted to air temperature for GMST using climate models either
directly using a scaling factor [e.g., (71)] or through model covari-
ance between SST and surface air temperature [e.g. (58)]. Here, we
reconstruct the ΔGMST from a single observation of Huascarán
δ18Oice, and multiple independent climate models. First, we
convert the δ18Oice to the local temperature change ΔTHuascarán
using a deglacial temporal slope of Δδ18Oice/ΔTHuascarán and,
then, theΔTHuascarán to ΔGMST using a Goldilocks scaling factor
of ΔGMST/ΔTHuascarán.

For the temporal slope, we use the precipitation-weighted vapor
isotope Δδ18Ovp and annual temperature ΔTHuascarán in the HighRes
simulations at the Huascarán grid point. The vapor δ18Ov and tem-
perature values are derived from an interpolation from neighboring
levels to the height of 6050 m in the PI simulation and the 6170 m
(=6050 m + 120 m) in the LGM simulation, with the 120-m adjust-
ment for the sea level change. The precipitation weight is also ad-
justed with a bias correction that removes the difference of the
precipitation seasonal cycle of the PI simulation from the observa-
tion at Marcapomacocha for PI and LGM (fig. S1B), although this
bias correction only changes the Δδ18Ovp slightly (fig. S1, blue
versus black). This gives our best estimation of Δδ18Oice/ΔTHuascarán
= Δδ18Ovp/ΔTHuascarán = 0.884 ‰/°C. The reason we use HighRes
(instead of iTRACE) is that it has a much higher horizontal resolu-
tion and model topography (25 km versus 200 km and 4067 m
versus 830 m) and represents so far the best effort in the study of
glacial isotope response over isolated mountain peaks. The uncer-
tainty of this temporal slope, ideally, should be estimated from an
ensemble of independent isotope-enabled model simulations of res-
olutions comparable with HighRes, which is however currently un-
available. Therefore, we adopt a crude estimation of the uncertainty
of 15% of the slope (=0.884‰/°C × 15% = 0.13‰/°C) (1σ) for
several reasons. First, this uncertainty is related to the uncertainty
between HighRes and iTRACE and the uncertainty of the spatial

changes within HighRes. The Δδ18Ovp/ΔTHuascarán slope is
0.753‰/°C in iTRACE and 1.025‰/°C in HighRes (after being av-
eraged first onto the iTRACE grid box). These three slopes therefore
give about a 15% SD. Second, this 15% SD is comparable to the tem-
perature Goldilocks scaling factor that is derived next across a mega-
ensemble of 15 climate models. This spread has been attributed to
the different parameterization of deep convection among these
models (86, 87). Third, our iCESM seems unlikely to exhibit too
large a bias in this temporal slope, because this model has been
shown to reproduce the observed climate and isotopes of the
present and past reasonably well (18–20, 66, 75, 76). Given the
LGM-PI difference of ∆δ18Oice = −6.5‰ (3), this temporal slope
gives the estimation of ΔTHuascarán = 7.35 ± 1.1°C.

For the Goldilocks scaling factor, we first calculate the ratio of
LGM-PI temperature difference at the Huascarán site and for the
GMST in each of the 15 grand-ensembles of climate models of
PMIP2 (CCSM, ECHAM53-MPIO, FGOALS, HadCM3M2, and
MIROC3.2), PIMP3 (CCSM4, GISS-E2-R, MRI-CGCM3, and
MIROC-ESM), PMIP4 (AWI-ESM, MIROC-ES2L, and MPI-
ESM), iTRACE, HighRes, and TRACE. An outlier IPSL model is
not used, although it does not change the result substantially.
This gives the scaling factor of ΔGMST/ΔTHuascarán = 0.803 ± 0.11
(1σ). Again, a 120-m sea level adjustment has been made by increas-
ing the LGM cooling by −0.816°C (using a lapse rate of 0.68°C/100
m) in each model before calculating the ratio. This gives the LGM
cooling estimation of ∆GMST = −5.9 ± 1.2°C,with our uncertainty
including six of the previous nine medium estimations (Fig. 5B).

Last, note that, all the previous nine estimates are independent
because they use different methods and climate models, even
though they all rely heavily on the SST proxies. Thus, we have a
total of 10 independent estimates of ∆GMSTi, along with their
SDs σi (Fig. 5B). These can be combined to give the maximum like-
lihood estimation of the LGM cooling as

ΔGMSToptimal ¼

X10

i¼1
ΔGMSTi=σi

2

X10

i¼1
1=σi

2

¼ � 5:8534�C

with a reduced uncertainty as

σ ¼
1

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
X10

i¼1
1=σi

2

s ¼ 0:5087�C

Again, this optimal cooling is very close to the medium of our Huas-
carán-derived estimate.

Correction (21 November 2023): In the original caption for Fig. 5, the reference citations did
not point to the correct references. The citations have been corrected. The PDF and HTML have
been updated.

Supplementary Materials
This PDF file includes:
Texts S1 to S6
Figs. S1 to S19
References
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